The Cambrian diversifi cation of animals was long thought to have begun with an explosive phase at the start of the Tommotian Age. Recent stratigraphic discoveries, however, suggest that many taxa appeared in the older Nemakit-Daldynian Age, and that the diversifi cation was more gradual. We map lowest Cambrian (Nemakit-Daldynian through Tommotian) records of δ 13 C CaCO 3 variability from Siberia, Mongolia, and China onto a Moroccan U/Pb-δ 13 C CaCO 3 age model constrained by fi ve U/Pb ages from inter bedded volcanic ashes. The δ 13 C CaCO 3 correlations ignore fossil tie points, so we assume synchro neity in δ 13 C trends rather than synchroneity in fi rst appearances of animal taxa. We pre sent new δ 13 C org , 87 Sr/ 86 Sr, uranium, and vanadium data from the same carbonate samples that defi ne the Moroccan δ 13 C CaCO 3 curve. The result is a new absolute time line for fi rst appearances of skeletal animals and for changes in the carbon, strontium, and redox chemistry of the ocean during the Nemakit-Daldynian and Tommotian ages at the beginning of the Cambrian. The time line suggests that the diversifi cation of skeletal animals began early in the Nemakit-Daldynian, with much of the diversity appearing by the middle of the age. Fossil fi rst appearances occurred in three pulses, with a small pulse in the earliest Nemakit-Daldynian (ca. 540-538 Ma), a larger pulse in the mid-to late Nemakit-Daldynian (ca. 534-530 Ma), and a moderate pulse in the Tommotian (ca. 524-522 Ma). These pulses are associated with rapid reorganizations of the carbon cycle, and are superimposed on long-term increases in sea level and the hydrothermal fl ux of Sr.
INTRODUCTION
In his book On the Origin of Species, Charles Darwin suggested that one of the greatest challenges to his ideas was the "sudden appearance of groups of Allied Species in the lowest known fossiliferous strata" (Darwin, 1859, p. 306) . He wrote (Darwin, 1859, p. 307) :
"… if my theory be true, it is indisputable that before the lowest Silurian stratum was deposited, long periods elapsed, as long as, or probably far longer than, the whole interval from the Silurian age to the present day; and that during these vast, yet quite unknown, periods of time, the world swarmed with living creatures. … To the question why we do not fi nd records of these vast primordial periods, I can give no satisfactory answer."
The dilemma Darwin faced was that if all life descended via gradual modifi cation from a single common ancestor, then the complexity and diversity of fossils found in Cambrian strata (at that time referred to the lower part of the Silurian) demand a long interval of evolution prior to the beginning of the Cambrian. During Darwin's time, there was no evidence of this life, and all that he could offer as explanation was the incompleteness of the geological record: The interval of time during which the ancestors to trilobites, brachiopods, molluscs, and other Lower Cambrian taxa evolved is not preserved in the rock record.
Beginning in the 1950s, discoveries of Precambrian microfossils in chert and shale and of macroscopic Ediacara fossils (e.g., Tyler and Barghoorn, 1954; Barghoorn and Tyler, 1965; Ford, 1958; Glaessner and Wade, 1966; Schopf, 2000) helped solve this conundrum, but the sudden diversity of the Cambrian fossil record remained a puzzle (cf. Cloud, 1948 Cloud, , 1965 . Despite abundant evidence for a variety of life extending back to at least 3.5 Ga, Precambrian fossils mostly record the evolution of bacteria and microbial eukaryotes . The earliest evidence for animals predates the Precambrian-Cambrian boundary by only ~100 m.y. (Xiao et al., 1998; Yin et al., 2007; Love et al., 2009 , Maloof et al., 2010b , and the few unquestioned examples of Precambrian Bilateria are <15 m.y. older than the beginning of the Cambrian (Fedonkin and Waggoner , 1997; Martin et al., 2000; Jensen , 2003; Droser et al., 2005) . Signifi cant increases in trace fossil diversity and complexity across the boundary and the absence of soft-bodied ani mals in upper Precambrian Burgess Shaletype biotas (Xiao et al., 2002) suggest that the general absence of bilaterian animal fossils from upper Precambrian rocks is not a preservational artifact. Rather, it appears that animals originated and began to diversify relatively close to the base of the Cambrian. Although early studies using a "molecular clock" suggested that the divergences between major animal groups long predated the Cambrian (Wray et al., 1996; Bromham et al., 1998) , some of the more recent work has produced dates that are closer to (if still older than) those supported by the fossil record (Aris-Brosou and Yang, 2003; Peterson et al., 2004 Peterson et al., , 2008 . Further more, Konservat-Lagerstätten such as the Cheng jiang biota and the Burgess Shale record a breathtaking array of soft-bodied animals by the late Early and Middle Cambrian (Briggs et al., 1994; Hou et al., 2004) , respectively, and, together with more conventional skeletal assemblages, suggest a great radiation of animal life during the Early Cambrian.
These observations led scientists to focus in particular on two puzzling aspects of the Cambrian radiation, both encompassed by the term "Cambrian explosion" (cf. Marshall, 2006) . The fi rst is the dramatic increase in disparity (morphological distinctness) as represented by the supposed appearance of nearly all major animal body plans (equivalent to the animal phyla) within a geologically brief interval of time near the beginning of the Cambrian (e.g., Gould, 1989; Valentine, 1994 Valentine, , 2002 Valentine, , 2004 . This problem was compounded by an apparent lack of evidence for "intermediate" taxa-taxa that lie close to the last common ancestor of different phyla in the metazoan tree (Marshall, 2006) . The second diffi culty is the high rate of diversifi cation (increase in number of species) in the Early Cambrian, particularly the apparent spike in diversifi cation during the Tommotian and Atdabanian ages (Fig. 1) , spanning an interval that seemed short relative to subsequent radiations (e.g., Sepkoski, 1992; Marshall, 2006) .
Evidence accumulated over the past 20 yr, however, suggests that both of these problems have been somewhat exaggerated. Although Lower Cambrian fossils indicate that divergences among the major groups of animals must have occurred by that time, the assembly of the major animal body plans-the suites of characters that defi ne the living phyla-in many cases took longer (Budd and Jensen, 2000) . In other words, crown-group representatives of most phyla (i.e., those that possess all of the characters of the living groups) fi rst appear later than the Early Cambrian, and in some cases much later. Most Early Cambrian animals are, in fact, the intermediate taxa or stem-groups that were thought to be missing from the early animal record (Budd and Jensen , 2000; Conway Morris and Peel, 1995; Shu et al., 2001; Budd, 2002; Caron et al., 2006; Skovsted et al., 2008) .
Nonetheless, it is true that many Early Cambrian taxa are at least recognizably related to crown-group phyla, suggesting that many of the basic features that distinguish the major groups of animals had evolved by this time (Budd, 2008) . In other words, the Early Cambrian diversifi cation of animals is marked by high disparity.
However, the observation that disparity reaches its peak early in a group's history seems to refl ect a general phenomenon, also observed in plants (Boyce, 2005) , the Ediacara biota (Shen et al., 2008) , Precambrian microfossils (Huntley et al., 2006) , and within many individual animal clades, such as crinoids (Foote, 1997) , gastropods (Wagner, 1995) , and ungulates (Jernvall et al., 1996) . Although of signifi cant interest, this high disparity soon after a group's appearance is not unique to the Cambrian.
The second puzzling aspect of the Cambrian explosion, the high rate of diversifi cation, appears to be in part an artifact of a frequently incomplete Cambrian record with a dearth of reliable radiometric age constraints. Using radiometric dates of volcanic ash units inter bedded in fossiliferous strata, workers discovered that the base of the Cambrian is ca. 542 Ma (Bowring et al., 1993; Grotzinger et al., 1995; Bowring et al., 2007) , rather than 570 Ma (Harland et al., 1990) or ca. 600 Ma (Holmes, 1960; Harland et al., 1982) . This newly compressed Cambrian Period led numerous authors to conclude that diversifi cation rates had to be twice as fast as they already were thought to be. Despite these new geochronological constraints on the Ediacaran-Cambrian (E-C) boundary and the length of the Cambrian Period, the duration of individual Cambrian stages associated with specifi c animal radiations remained poorly constrained. Additional U/Pb dating of zircons in volcanic ash layers demonstrated that the Early Cambrian is in fact quite long, spanning 32 m.y. and nearly 60% of Cambrian time (Bowring et al., 1993; Grotzinger et al., 1995; Landing et al., 1998) . Recent work suggests that the Nemakit-Daldynian Stage alone was 17 m.y. long (Landing et al., 1998; Maloof et al., 2005 Maloof et al., , 2010a ). An equally important factor as the refi ned time scale is the recognition that the appearance of dozens of animal taxa at the base of the Tommotian Stage in the stratotype Nemakit-Daldynian-Tommotian (ND-T) boundary sections at Dvortsy and Ulakhan Sulugur (Siberia), which contributed to the classic view of an explosive early phase of diversifi cation, actually refl ects the presence of a signifi cant unconformity just below that horizon (see following discussion). Other lowest Cambrian sections in northwestern Siberia and in Mongolia suggest instead that these "Tommotian" taxa appeared in a more gradual sequence in older rocks (Knoll et al., 1995b; Kaufman et al., 1996; Brasier et al., 1996) . Thus, rather than being mostly devoid of fossils, the Nemakit-Daldynian Stage records the earliest diversifi cation of Cambrian animals, spread out over 17 m.y.
Here, we examine in detail the Nemakit-Daldynian through Tommotian diversifi cation of animals, and, in particular, the skeletal animals often referred to as "small shelly fossils." We use carbon isotope chemostratigraphy of carbonates (δ 13 C CaCO 3 ), derived from the same rocks that host the small shelly fossils, and calibrate the chemostratigraphy using U/Pb zircon geochronology of interbedded volcanic ashes. The result is a δ 13 C CaCO 3 age model indepen- Because most of the sections discussed in this paper are from Siberia , and because the boundaries for global stages 2-4 have not yet been defi ned, we use the Siberian terminology. dent of fossil fi rst appearances. This method of correlation is preferred over biostratigraphy for two reasons: (1) the abundant evidence that Lower Cambrian fossil ranges are strongly facies-controlled (e.g., Brasier et al., 1994b; Lindsay et al., 1996a; Kouchinsky et al., 2007) ; and (2) the circularity associated with inferring paleobiological patterns from biostratigraphically correlated rock sequences. We fi nd that there appear to be several pulses of fossil fi rst appearances spanning the Nemakit-Daldynian-Tommotian interval: a small pulse (pulse eND ) occurring ca. 540-538 Ma and recorded only in Mongolia; a large pulse (pulse mND ) occurring between 534 and 530 Ma and observed in both China and Siberia; and a moderate pulse ( pulse T ), occurring between 524 and 522 Ma during the Tommotian Stage.
Carbon isotopes in carbonates have long been recognized as a useful tool for stratigraphic correlation (e.g., Scholle and Arthur, 1980; Knoll et al., 1986; Magaritz et al., 1991; Kaufman et al., 1993; Narbonne et al., 1994; Brasier et al., 1994b; Knoll et al., 1995b ; Jacob sen and Hayes et al., 1999; Veizer et al., 1999; Saltzman et al., 2000; Walter et al., 2000; Halverson et al., 2005; Maloof et al., 2005) . However, carbon isotopes of both carbonate and organic matter also may preserve information about the global carbon cycle, and reorganization of the carbon cycle may be a cause or an effect (or both) of paleobiological change (e.g., Hayes and Waldbauer, 2006) . We compare the paleontological patterns in the lowest Cambrian with the carbon isotope composition of carbonate (δ 13 C CaCO 3 ) and organic matter (δ 13 C org ), and the strontium isotope ( 87 Sr/ 86 Sr) and trace element (Mn, Rb, Sr, V, Th, U) compositions of carbonate, and speculate about possible causal relationships between biological and environmental change during the earliest Cambrian. We show that the longterm Nemakit-Daldynian decline in 87 Sr/ 86 Sr is consistent with an increase in the hydrothermal alteration of oceanic crust and a rise in global sea level that spans the ND-T. Stratigraphic variability of uranium and vanadium indicates a nearly monotonic increase in the oxidation of the sediment-water interface on shallowwater carbonate platforms, consistent with the gradual increase in the depth of sediment bioturbation and in the diversity of animals. We fi nd that pulse mND coincides with a twofold increase in the amplitude of δ 13 C CaCO 3 oscillations and a switch from a carbon cycle dominated by changes in the isotopic fractionation between inorganic and organic carbon , to a carbon cycle dominated by changes in the relative rate of burial of carbonate and organic matter .
BACKGROUND

Paleontology of the Lowest Cambrian
Small Shelly Fossils
Among the most striking fossils of the lowest Cambrian are the so-called small shelly fossils (Matthews and Missarzhevsky, 1975) . These consist of a variety of shells, sclerites, and other biomineralized structures produced by many independent metazoan lineages, and they are widespread in phosphatic limestones from this time. Although some of these skeletons were originally phosphatic, most were originally calcareous and later diagenetically phosphatized (Bengtson and Conway Morris, 1992; Porter, 2007 Porter, , 2010 , allowing for their easy study in samples prepared through acid macer a tion. Small shelly fossils are common from the lowest Cambrian through the Botomian in the upper Lower Cambrian, but they are only rarely found through the Middle Cambrian and above, refl ecting in part the decline of their primary mode of preservation-secondary diagenetic phosphatization (Dzik, 1994; Porter, 2004a) . Nemakit-Daldynian and Tommotian assemblages of small shelly fossils are particularly well described from the Siberian platform (reviewed in Sokolov and Zhuravleva, 1983; Missarzhevskiy, 1989; Rozanov and Zhuravlev, 1992) , South China (reviewed in Qian, 1989 Qian, , 1999 Qian and Bengtson, 1989) , Mongolia (Voronin et al., 1982; Esakova and Zhegallo, 1996) , and Avalonia (Brasier, 1984; Landing, 1988 Landing, , 1991 Landing et al., 1989) .
Small shelly fossils are signifi cant because they record the beginnings of widespread biomineralization among animals. Probable biomineralized metazoans are known from the Ediacaran, but they are low in diversity: there are fl anged, nested tubes (Cloudina; Grant, 1990; Hua et al., 2005) , simple nested tubes (Sinotubulites; Chen et al., 2008) , goblet-shaped fossils (Namacalathus; Grotzinger et al., 2000) , and modular encrusting organisms (Namapoikia; Wood et al., 2002) , all of which apparently disappear from the fossil record at the end of the Ediacaran (Amthor et al., 2003) . Biomarkers recovered from sedimentary rocks suggest that demosponges were present by the latest Cryo genian , and they may have produced spicules (Sperling et al., 2010) , but there are very few specimens that have been identifi ed as possible Cryogenian (Maloof et al., 2010b) or Ediacaran (Gehling and Rigby, 1996; Brasier et al., 1997; Reitner and Wörheide, 2002) sponge body fossils.
The anabaritids are among the earliest of the small shelly fossils to appear ( Fig. 2A) , and already may have been present in the terminal Ediacaran (Knoll et al., 1995a; Brasier et al., 1996) . Anabaritids are conical tubes, probably originally aragonitic, with prominent triradial symmetry; although their systematic position remains controversial, they have often been allied with cnidarians (see Kouchinsky et al., 2009 ). Later-appearing groups of tubular fossils include the phosphatic hyolithelminths ( Fig. 2B ) and aragonitic coleolids, the latter of which bear helically coiled ornamentation; their simple morphology hampers phylogenetic placement, although the former may be cnidarians (Vinn, 2006) . The phosphatic carinachitiids and hexangula conulariids may share affi nities with the conulariids, probable scyphozoans (Conway Morris and Chen, 1992; Van Iten et al., 2010) .
Another characteristic group of earliest Cambrian small shelly fossils are phosphatic spines termed protoconodonts ( Fig. 2C) , which are very similar in overall form, microstructure, and apparatus architecture to the grasping spines of modern chaetognaths (Szaniawski, 1982 (Szaniawski, , 2002 Vannier et al., 2007) . Protoconodonts would therefore demonstrate the emergence of macroscopic predation among animals.
Hyoliths are one of the most diverse and abundant groups of small shelly fossils. They are generally divided into two groups: the hyolithomorphs (Fig. 2D ), which have a shell consisting of a conical conch, an operculum to cover the aperture of the conch, and two curving supports termed helens (Martí Mus and Bergström, 2005) ; and the orthothecimorphs ( Fig. 2E ), which lack helens and have less elaborate opercula and conchs than those of the hyolithomorphs (Malinky, 2009) . Hyoliths have variously been considered to be a group of molluscs (Marek and Yochelson, 1976; Malinky and Yochelson, 2007) or a separate clade, possibly allied with the sipunculans (Runnegar et al., 1975; Kouchinsky, 2000) . Although some ortho thecimorphs are clearly related to hyolithomorphs, many Early Cambrian forms have such a simple morphology that they could well belong to separate groups (Malinky, 2009 ). There also are a variety of other conical fossils, such as Cupitheca (Fig. 2F) , Paragloborilus, and Neogloborilus, that are not generally accepted as hyoliths and lack satisfactory placements elsewhere (Qian, 1989; Bengtson et al., 1990; Malinky and Skovsted, 2004; Li et al., 2007) .
Many small shelly fossils do not represent the entire shell of an animal, but are instead isolated elements (sclerites) from a complex external skeleton (scleritome). Most of them remain problematic, since they are only known from disarticulated sclerites, but studies of their structure and microstructure have allowed several different groups of scleritome-bearing metazoans to be recognized. Prominent among these are the coeloscleritophorans (Figs. 2G and 2H), which have hollow aragonitic sclerites (Bengtson and Missarzhevsky, 1981) . Complete specimens representing different groups of coeloscleritophorans are known from Burgess Shale-type deposits, revealing that the chancelloriids were sessile, radially symmetric, and superfi cially sponge-like (Bengtson and Hou, 2001; Janussen et al., 2002; Randell et al., 2005) , while the halkieriids were bilaterally symmetric, slug-like animals (Conway Morris and Peel, 1995; Vinther and Nielsen, 2005) . Their very different ap-pearances have led many workers to conclude that the Coeloscleritophora is polyphyletic, but the similarity of their sclerites has led others to retain the group (Bengtson, 2005; Porter, 2008) , as we do here. Less well understood coeloscleritophorans include the siphogonuchitids (Qian and Bengtson, 1989; Conway Morris and Chapman, 1996) and sachitids (Bengtson et al., 1990) . Another major group of scleritome-bearing metazoans is the phosphatic tommotiids ( Fig. 2I ). Recent discoveries have allowed the partial reconstruction of several different tommotiids, showing that they range from forms with a bivalved shell to others with a tube covered with numerous irregular sclerites; their microstructure closely resembles that of linguliform brachiopods, and the tommotiids are probably stem-group brachiopods (Skovsted et al., , 2009a (Skovsted et al., , 2009b Holmer et al., 2008; Balthasar et al., 2009; Kouchinsky et al., 2010) .
A wide variety of other earliest Cambrian sclerites remain more enigmatic; these include the nail-or tack-shaped cambroclaves ( Fig. 2K ; Bengtson et al., 1990; Conway Morris and Chen, 1991; , rows of spine-bearing plates called paracarinachitids (Fig. 2J; Qian and Bengtson, 1989; Conway Morris and Chen, 1991) , the phosphatic plates of Tumulduria (Bengtson et al., 1987) , and a variety of spine-or tooth-shaped fossils such as Cyrtochites, Fomitchella, Kaiyangites, Rhombocorniculum, and Yunnanodus (Bengtson, 1983; Qian and Bengtson, 1989; G. Li et al., 2003; Qian et al., 2004; Yao et al., 2005) . Mobergellans are round phosphatic plates generally interpreted as opercula from a tube-like form of uncertain identity, although they have also been argued to be isolated sclerites or univalved limpet-like shells (Bengtson, 1968; Skovsted, 2003) .
The most diverse group of small shelly fossils with clear affi nities to an extant taxon is the molluscs (Figs. 2L and 2M) . Most molluscs from the earliest Cambrian have been classifi ed as helcionelloids, a group that ranges to the Ordovician and is characterized by univalved shells that range in shape from limpet-like caps to high cones to helically coiled forms; they probably include both epifaunal and shallow infaunal species (Gubanov and Peel, 2000) . Long considered to be monoplacophorans, the systematic position of helcionelloids is unclear, and they may not be monophyletic; they have variously been considered as a paraphyletic stem group from which all other conchiferan molluscs are derived (Runnegar and Pojeta, 1974) , as ancestral only to the cephalopods and rostroconchs (Peel, 1991) , as early gastropods (Parkhaev, 2001 , or as an entirely extinct group of early molluscs (Yochelson, 1978; Geyer, 1994) . Asymmetrically coiled forms such as Aldanella and Pelagiella are superfi cially reminiscent of gastropods and have long been interpreted as such (Runnegar, 1981) , but they also may be helcionelloids that have exaggerated the asymmetry commonly seen in the more nearly plani spirally coiled forms (Gubanov and Peel, 2000) ; they have also been interpreted as coiled "worm" tubes unrelated to molluscs (Bockelie and Yochelson, 1979) .
A wide variety of low, cap-shaped shells that superfi cially resemble limpet-like molluscs are also present (referred to herein as "cap-shaped fossils"; Qian and Bengtson, 1989; Peel and Skovsted, 2005) . Some of these may indeed represent univalved molluscs (Ponder et al., 2007) , but others have been interpreted as isolated valves from the scleritome of a halkieriid or other coeloscleritophoran (Bengtson, 1992b; Conway Morris and Peel, 1995) , isolated valves from a superfi cially brachiopod-like animal (Bengtson et al., 1990; Parkhaev, 1998) , and isolated plates from a polyplacophoran ( Fig. 2N ; Vendrasco et al., 2009) . Another problematic group that may be allied with molluscs is the stenothecoids, which had a bivalved shell with bilaterally symmetric valves similar to those of brachiopods (Yochelson, 1969; Kouchinsky, 2001) .
Sponge spicules have occasionally been reported from pre-trilobitic assemblages (Zhuravleva in Sokolov and Zhuravleva, 1983; Pel'man et al., 1990) , as have rare fragments that have been interpreted as the remains of bivalved arthropods (Skovsted et al., 2006) . Occasional phosphatized soft-bodied remains, most notably eggs and embryos, are also associated with the biomineralized small shelly fossils. A variety of spectacularly preserved embryos have been reported from the lowest Cambrian, including the probable cnidarian Olivooides (Yue and Bengtson, 1999) , the ecdysozoan worm Markuelia (Donoghue et al., 2006a) , and several unnamed forms, some of which may be from a segmented animal (Steiner et al., 2004b; Donoghue et al., 2006b) .
Other Metazoan Body Fossils
Body fossils of animals larger than those that produced the small shelly fossils do not become widespread until the appearance of archaeocyaths in the Tommotian. Archaeocyaths were long considered problematic, but are now generally regarded as being sponge-grade metazoans (Rowland, 2001) ; they made calcitic cup-like structures and were probably fi lter feeders. Along with calcifi ed microbes, archaeocyaths were important framework-builders of bioherms in the Tommotian of Siberia (Riding and Zhuravlev, 1995; Kruse et al., 1995) . Archaeocyaths were restricted to the Siberian platform in the Tommotian, and did not spread elsewhere until the Atdabanian (Zhuravlev, 1986a) . Other large, sessile, calcareous organisms appear in the Tommotian, often in association with archaeo cyaths, includ-ing radiocyaths (Zhuravlev, 1986b) , which have variously been interpreted as sponges or calcareous algae, and the corallomorph Cysticyathus, interpreted as a cnidarian (Debrenne et al., 1990; Kruse et al., 1995) .
Some of the animals recorded by small shelly fossils are also known from larger specimens. For example, there are several known occurrences of centimeter-scale helcionelloid molluscs (Dzik, 1991; Martí Mus et al., 2008) , hyoliths (Orłowski and Waksmundzki, 1986) , and larger calcareous tubular problematica and coleolids, some of which formed small biostromes (Landing, 1993) . Other larger shelly fossils include brachiopods. Early brachiopods include Khasagtina from the Nemakit-Daldynian of Mongolia, interpreted as a kutorginid (Ushatinskaya, 1987) , and the Tommotian paterinids Aldanotreta and Cryptotreta from Siberia (Laurie, 2000) ; the supposed Tommotian obolellid Nochoroiella may not be a brachiopod (Popov and Holmer, 2000) .
Soft-bodied animals have a poor fossil record during the earliest Cambrian. Most Ediacara-type fossils disappear by the end of the Ediacaran, but a few are now known to have survived into the basal Cambrian (e.g., Jensen et al., 1998) . Burgess Shale-type deposits do not become important until the Atdabanian, with the Sirius Passet (northern Greenland) and Chengjiang (South China) biotas. The oldest known Burgess Shale-type deposits are from South China, in the Hetang Formation of Anhui Province and the lowermost Niutitang Formation of Guizhou and Hunan Provinces (Steiner et al., 1993 (Steiner et al., , 2001 Mehl and Erdtmann, 1994; Zhao et al., 1999) , all of uncertain Tommotian or Atdabanian age. These faunas are dominated by sponges, including hexac tinellids and demosponges; those of the Niutitang Formation also include bivalved arthro pods similar to Perspicaris. Finally, small organic-walled tubes called sabellidtids are common in lowermost Cambrian rocks (Urbanek and Mierzejewska, 1977; Ivantsov, 1990) , and likely appear fi rst during the Ediacaran Period; they have often been compared with tubes constructed by modern pogonophoran worms, but this assignment is unlikely.
Trace Fossils
Lowest Cambrian trace fossils offer a record of the evolution of macroscopic, primarily softbodied, animals. They are also among the few fossils to be found in siliciclastic rocks from this time, and consequently have been the focus of study in the hope that they could offer a means of biostratigraphic correlation (e.g., Crimes, 1987) . Although a variety of metazoan traces are known from the Ediacaran, they mostly represent very simple, typically unbranched horizontal traces formed at or very near the sediment surface (Jensen et al., 2006) . Deeper burrowing does not become widespread until the appearance of treptichnids, which are now known from the upper most Ediacaran Gehling et al., 2001) . The fi rst appearance of Treptichnus pedum (previously known as Phycodes pedum and sometimes called Trichophycus pedum) in the Chapel Island Formation at Fortune Head, Newfoundland, defi nes the global stratotype for the Ediacaran-Cambrian boundary (Brasier et al., 1994a; Landing, 1994) and broadly corresponds in age to the last appearance of the soft-bodied Ediacara biota (Seilacher, 1984; Brasier, 1996) . Treptichnids consist of a series of short segments alter nating in a zigzag-like pattern, probably representing a series of feeding and dwelling traces of a worm-like animal feeding on detritus on the sediment surface (Jensen, 1997; Dzik, 2005) . These and other early deep burrows were not common enough to thoroughly mix the upper sediment layers. Unlike those of the rest of the Phanerozoic, earliest Cambrian silts at the sediment surface remained relatively fi rm, and there was a sharp sediment-water interface (Droser et al., 2002) . Widespread microbial mats similar to those characteristic of Ediacaran and older seafl oors persisted, and some trace fossils record animals grazing on these microbial mats (Dornbos et al., 2004; Weber et al., 2007) . Bioturbation became much more intense in the Atdabanian (Droser and Bottjer, 1988) ; eventually this increase in bioturbation would result in the destruction of microbial mats and the production of a much soupier, water-rich layer at the sediment surface, in what has been termed the Cambrian substrate revolution (Bottjer et al., 2000) . While the makers of most trace fossils from the earliest Cambrian remain unclear (although some workers have interpreted treptichnids and other traces such as Didymaulichnus as the products of priapulids or similar worms; Dzik, 2005; Vannier et al., 2010) , a variety of arthropod scratch marks and resting traces are known from strata preceding the fi rst trilobites in the upper part of the Lower Cambrian (Crimes, 1987; Weber and Zhu, 2003) .
Nonmetazoan Fossils
A variety of nonmetazoan fossils also are known from the lowest Cambrian. Among protists, these include siliceous radiolarian-like fossils (Braun et al., 2007) and agglutinated tubes (Platysolenites and Spirosolenites) regarded as foraminiferans (McIlroy et al., 2001) . Acritarch diversity is low at the beginning of the Cambrian, following the disappearance of the Doushantuo-Pertatataka acritarchs during the Ediacaran. Acritarchs increase in both diversity (Knoll, 1994; Vidal and Moczydłowska-Vidal, 1997 ) and disparity (Huntley et al., 2006) through the Early Cambrian. It has been suggested that this diversifi cation is a result of the appearance of metazoans capable of consuming plankton (Butterfi eld, 1997), refl ecting the ecological principle that the introduction of predators can drive diversifi cation of their prey (Stanley, 1973) .
Calcifi ed cyanobacteria (such as Renalcis, Epiphyton, and Obruchuvella) diversify through the earliest Cambrian (Riding, 2001) , form bioherms in the Nemakit-Daldynian of Siberia (Luchinina, 1999) and Mongolia (Kruse et al., 1996) and thrombolites in the Tommotian of Morocco (Latham and Riding, 1990) , and continue to be important framework builders in Tommotian archaeocyathan reefs (Riding and Zhuravlev, 1995; Kruse et al., 1995) . Helically coiled probable cyanobacterial fi laments are known from some small shelly fossil assemblages (Peel, 1988; Qian and Bengtson, 1989) . Coccoidal and fi lamentous microfossils sometimes are preserved in chert together with acritarchs; some resemble cyanobacteria, but some tubular forms likely are not cyanobacterial (Yao et al., 2005; Dong et al., 2009) .
A few compressions of possible macroscopic algae have been described from the Nemakit-Daldynian Yanjiahe Formation of the Yangtze Gorges area, Hubei Province, South China (Guo et al., 2008) ; they are accompanied by problematic conical and tubular fossils that may be metazoans. Vendotaenids are problematic fossils of possible algal or bacterial origin (Cohen et al., 2009) , and are represented in the Nemakit-Daldynian by Tyrasotaenia (Gnilovskaya, 1985) .
Chemostratigraphic Correlation
Carbon isotopes have proven useful for identifying the E-C boundary where sedimentary environments or lithologies are not conducive to the preservation of Treptichnus pedum. In numerous mixed carbonate-siliciclastic systems such as the Mackenzie Mountains, Canada (Narbonne et al., 1994) ; Death Valley, California (Corsetti and Hagadorn, 2000) ; the Olenek Uplift, northeastern Siberia (Fedonkin, 1985; Knoll et al., 1995a) ; the Dzabkhan basin, southwestern Mongolia ; but see Ragozina et al., 2008); and South China (Zhu et al., 2001b; Weber et al., 2007) , the fi rst appearance of Treptichnus pedum occurs just above a deep negative δ 13 C CaCO 3 excursion (from 0‰ to 2‰ down to -4‰ to -7‰ and back again). In carbonate-dominated successions that do not preserve Treptichnus pedum, such as Oman (Amthor et al., 2003; Bowring et al., 2007) and Morocco , the E-C boundary has been identifi ed using this marker carbon-isotope excursion (Amthor et al., 2003; Maloof et al., 2005) . In Oman, weighted mean 206 Pb/ 238 U dates of 542.3 ± 0.2 Ma and 541.0 ± 0.2 Ma, below and during the δ 13 C CaCO 3 excursion, respectively, constrain the age of the carbon isotope excursion . These ages are broadly consistent with a recalculated weighted mean 206 Pb/ 238 U date of 540.61 ± 0.88 (see Appendix section A5) on a tuff unconformably below sediments containing the fi rst Treptichnus pedum in the Nama basin of southern Namibia (Grotzinger et al., 1995) . The negative δ 13 C CaCO 3 anomaly occurs just after the last appearance of the calcifi ed metazoan Namacalathus and Cloudina (Grotzinger et al., 2000; Amthor et al., 2003) .
The δ 13 C CaCO 3 records also help calibrate Nemakit-Daldynian time and locate the Nemakit-Daldynian-Tommotian boundary in sections that lack appropriate small shelly fossils or early archaeocyaths (Maloof et al., 2010a) . Although isotope records may be truncated by stratigraphic hiatuses, the morphology of δ 13 C CaCO 3 curves between hiatuses remains intact and may be compared from section to section. Furthermore, we document a monotonic decline in 87 Sr/ 86 Sr through the Nemakit-Daldynian and Tommotian that provides a unique test of the δ 13 C CaCO 3 correlations. In the following section, we describe the geological setting of the key lowest Cambrian sites, and discuss the construction of an age model for the Nemakit-Daldynian through Atdabanian. The result is a U/Pbcalibrated age model that is based on δ 13 C CaCO 3 and 87 Sr/ 86 Sr correlations, that is independent of fossil fi rst appearances, and that we use to elucidate the evolution of small shelly fossils and the geochemistry of Early Cambrian oceans.
Geological Setting and Correlations of Key Lowest Cambrian Sites
Siberia, southwest Mongolia, and South China are the only locations with more or less continuous Nemakit-Daldynian to Atdabanian records of small shelly fossils and δ 13 C CaCO 3 . Morocco is the only location with an expanded Nemakit-Daldynian to Atdabanian record of U/Pb-calibrated δ 13 C CaCO 3 and 87 Sr/ 86 Sr. Stratigraphic section locations are depicted in approximate Early Cambrian ( Fig. 3 ) and modern ( Fig. 4 ) geographic coordinates. However, the plate reconstruction in Figure 3 should be considered tentative and almost certainly incorrect in detail (uncertainties and assumptions are described in Appendix section A8). In the following A sections, we summarize the geological setting and basic correlation of each of the key lowest Cambrian sites that we use to construct the global age model.
Morocco
The western Anti-Atlas margin of Morocco ( Fig. 4A ) preserves the most expanded Lower Cambrian record of carbonates in the world. Following rift volcanism (577-560 Ma) and succeeding deposition of mixed carbonates and siliciclastics in isolated grabens, as much as 2.5 km of dominantly carbonate sediment accumulated on the thermally subsiding continental shelf . Volcanic ash beds punctuate this stratigraphy, and four of these tuffs have yielded weighted mean 206 Pb/ 238 U isotope dilution-thermal ionization mass spectrometry (ID-TIMS) ages with ±150 k.y. precision or better (e.g., Maloof et al., 2005 Maloof et al., , 2010a [Landing et al., 1998 ] from an upper Tata Group ash in the Lemdad syncline; Fig. 4A ) and δ 13 C CaCO 3 , 87 Sr/ 86 Sr, and physical stratigraphy from the four most complete sections in the western Anti-Atlas ( Fig. 4A ), we built the age model depicted in Figure 5 . The most uncertain calibration point is the E-C boundary itself, which, in the absence of Treptichnus pedum, is identifi ed based on the morphology of the δ 13 C CaCO 3 curve alone. The labeled δ 13 C CaCO 3 peaks (1p-7p and II-IV) were named in Siberia (e.g., Kouchinsky et al., 2007) . We interpret the lack of sequence boundaries and smooth δ 13 C CaCO 3 record in Morocco to indicate that there are no signifi cant intervals of missing time in the stratigraphic succession.
Unfortunately, the Nemakit-Daldynian and Tommotian Stages in Morocco, recorded in the Taroudant Group, are diffi cult to distinguish biostratigraphically. No small shelly fossils have been reported from the dolomitic Adoudounian Formation ( Fig. 4A ; 540-524 Ma in Fig. 5 ). Thrombolites in the upper half of the predominantly limestone Lie de Vin Formation (ca. 521 Ma in Fig. 5 ) contain calcifi ed remains of cyanobacteria such as Renalcis (Latham and Riding, 1990) , but no small shelly fossils or archaeocyaths have been found. The overlying limestone-dominated Tata Group (520-516 Ma) records a transition to more energetic marine conditions than those found in the Taroudant Group (Geyer, 1989) . The upper Igoudine Formation (ca. 519 Ma in Fig. 5 ) contains the oldest known skeletal fossils from Morocco and includes trilobites, archaeocyaths, brachiopods, and chancelloriids of Atdabanian age (Geyer and Landing, 1995) .
Siberia
Across the Siberian Platform ( Fig. 4B) , upper Ediacaran and Cambrian sediments unconformably overlie a wide range of rocks of Proterozoic age. The location of the E-C boundary was interpreted to be constrained by a weighted mean 207 Pb/ 206 Pb ID-TIMS zircon date of 543.9 ± 0.24 Ma for a reworked volcaniclastic breccia near the base of the Nemakit-Daldynian at Khorbusuonka (Bowring et al., 1993) . The zircons in this breccia have lost Pb, but for the most concordant grains, the 206 Pb/ 238 U dates are 542.8 ± 1.3 Ma, herein interpreted as the maximum age for the rock. This 542.8 ± 1.3 Ma date should be used when comparing this result to other 206 Pb/ 238 U dates in this paper. Excellent preservation of small shelly fossils in lowest Cambrian strata allows for a direct link between biostratigraphy and chemostratigraphy. As a result, the stage system for the Lower Cambrian on the Siberian Platform, where it is divided into the Nemakit-Daldynian, Tommotian, Atdabanian, Botomian, and Toyonian (Repina and Rozanov , 1992; Rozanov et al., 2008) , has become widely used worldwide (Fig. 1) .
The Tommotian was originally defi ned as encompassing all of the subtrilobitic Lower Cambrian (Rozanov and Missarzhevsky, 1966; Rozanov et al., 1969) ; the stratotype is on the Aldan River in the southeastern Siberian Platform, where its lower boundary is defi ned near the top of the Yudoma Formation at the level where archaeocyaths fi rst appear together with a great diversity of small shelly fossils Repina and Rozanov, 1992) . The discovery that small shelly fossils appear more gradually in sections elsewhere in Siberia led to proposals for a pre-Tommotian stage, with broadly correlative strata being referred to as the Nemakit-Daldynian (see Khomentovsky and Karlova, 1992) or Manykayan (Missarzhevsky, 1982 (Missarzhevsky, , 1983 stages, based on type sections in the Anabar Uplift. Following designation of the global stratotype for the base of the Cambrian at Fortune Head in Newfound-land (Brasier et al., 1994a; Landing, 1994) , it generally has been accepted that the Nemakit-Daldynian is earliest Cambrian in age, although some workers would prefer to continue regarding the base of the Tommotian as the base of the Cambrian (most recently, Rozanov et al., 2008; Khomentovsky, 2008) .
Correlation of lowest Cambrian strata across the Siberian Platform has been hampered by lateral facies variations and unconformities of uncertain duration. Although a great deal of biostratigraphic work has been done on the lowest Cambrian of Siberia, the precise correlations of sections in different areas remain contentious (compare, for example, Val'kov, 1987; Missarzhevsky, 1989; Repina and Rozanov, 1992; Khomentovsky and Karlova, 1992 Vasil'eva, 1998) . Most authors do at least recognize a lower Nemakit-Daldynian interval characterized by anabaritids, protoconodonts, and coeloscleritophorans, followed by an upper Nemakit-Daldynian interval with a wider range of small shelly fossils, and then the Tommotian with a great variety of small shelly fossils accompanying the fi rst appearance of archaeocyaths.
The base of the Tommotian is defi ned by an unconformity at the type sections at Dvortsy and Ulakhan Sulugur: the upper part of the Yudoma Formation is karsted, and the Tommotian fossils reported from these layers are in cavity fi ll deposited with the overlying Pestrotsvet Formation (see Karlova, 1993, 2002) . The duration of the hiatus below the Pestrotsvet Formation has been controversial; the sudden appearance of many taxa that appear more gradually in other sections suggests that it was relatively long (e.g., Knoll et al., 1995b; Kaufman et al., 1996) . According to an alternative view, this hiatus was relatively short and the sudden appearance of many taxa refl ects their migration from other parts of Siberia Karlova, 2002, 2005) . Carbon isotope chemostratigraphy supports the presence of a long unconformity beneath the stratotype of the Tommotian, recorded elsewhere by strata in the northwestern Siberian Platform (Kouchinsky et al., 2007) , the western and eastern Anabar Uplift (Knoll et al., 1995b; Kaufman et al., 1996; Kouchinsky et al., 2001) , and the southeastern Siberian Platform (Kouchinsky et al., 2005) . Maloof et al. (2005) mapped the carbon isotope records from Ulakhan Sulugur (Brasier et al., 1993) and Dvortsy onto the δ 13 C CaCO 3 curve from Morocco and located the Nemakit-Daldynian-Tommotian boundary at the zero crossing in the record of declining δ 13 C CaCO 3 after the last positive anomaly (6p; Fig. 5 reported an ash with a weighted mean 206 Pb/ 238 U date of 524.837 ± 0.092 Ma. This placement is consistent with combined biostratigraphic and δ 13 C CaCO 3 data from the rest of Siberia (Brasier et al., 1993; Khomentovsky and Karlova, 1993; Knoll et al., 1995a Knoll et al., , 1995b Rowland et al., 1998; Kouchinsky et al., 2001 Kouchinsky et al., , 2007 , where the fi rst appearance of archaeocyaths occurs stratigraphically above the last large positive δ 13 C CaCO 3 anomaly (6p; Fig. 5 ). (Selinde may be an exception to this pattern, where archaeocyath debris appears to occur stratigraphically below the last large positive δ 13 C CaCO 3 anomaly; Kouchinsky et al., 2005.) In particular, the most complete Siberian record, from the Sukharikha River ( Fig. 4B ), matches the Nemakit-Daldynian to Atdabanian δ 13 C CaCO 3 curve of Morocco peakfor-peak Kouchinsky et al., 2007; Fig. 5 ). This calibration places the ND-T boundary at a recognizable and radiometrically dated δ 13 C CaCO 3 shift and constrains the duration of the Nemakit-Daldynian Stage to 17 m.y.
Mongolia
The Dzabkhan basin of southwestern Mongolia ( Fig. 4C ) was formed on the margins of a ribbon continent that experienced andesitic volcanism at ca. 800 Ma (Badarch et al., 2002) , prior to rifting from southern Siberia in the earliest Cryogenian (Kuzmichev et al., 2001) . Platformal carbonates and siliciclastics of the Tsagaan Oloom Formation (1500 m thick) accumulated during Cryogenian and Ediacaran rifting and subsequent thermal subsidence (Macdonald et al., 2009) . Diamictites in the succession have been interpreted as glacial in origin (Lindsay et al., 1996b) , and recent mapping and δ 13 C CaCO 3 chemostratigraphy correlated the younger of two glacial deposits to the Marinoan ice age (Macdonald et al., 2009) , which ended ca. 635 Ma (Hoffmann et al., 2004; Condon et al., 2005) . A signifi cant Ediacaran hiatus preceded obduction of ca. 570 Ma ophiolites to the south of the Dzabkhan basin (Khain et al., 2003) , which suggests there was south-dipping subduction (in present-day coordinates) that led to rapid accumulation of the upper Tsagaan Oloom Formation (Zuune Arts Member) in a fl exural basin (Macdonald et al., 2009 ). The Ediacaran-Cambrian boundary has been placed in the uppermost Tsagaan Oloom Formation where δ 13 C CaCO 3 descends from 1‰ (1p; Fig. 5 ) to a nadir of -6‰ (W; Brasier et al., 1996) , and anabaritids and small burrows fi rst appear (Khomentovsky and Gibsher, 1996) (Fig. 5) .
The overlying Bayan Gol and Salaany Gol Formations (1000-1500 m thick) contain a diversity of Lower Cambrian small shelly fossils (Voronin et al., 1982; Esakova and Zhegallo, 1996) and consist of stacked sequences of fi ne siliciclastics and laminated limestones shoaling upward into platformal carbonates (Lindsay et al., 1996a) . We correlate the E (Salaany Gol, Section 2, Unit 7; Bayan Gol, Section 3B, Unit 21; and Kvete-Tsakhir-Nuruu , Section 4, Unit 7) and F (Salaany Gol, Section 2, Unit 11/12) 4‰-5‰ δ 13 C CaCO 3 peaks of Brasier et al. (1996) in the upper Bayan Gol Formation with the pair of terminal Nemakit-Daldynian positive δ 13 C CaCO 3 excursions, 5p and 6p, respectively ( Fig. 5 ).
China
The Yangtze Platform of South China (Fig. 4D ) began as a rifted margin during the breakup of Rodinia, with ca. 820 to ca. 780 Ma bimodal volcanic rocks fl ooring the basin (Li, 1998; Z. Li et al., 2003) . The overlying Cryogenian succession includes two glacial deposits and is capped by the Doushantuo Formation, the base of which has a weighted mean 206 Pb/ 238 U ID-TIMS zircon age of 635.2 ± 0.6 Ma (Condon et al., 2005) . The upper Doushantuo Formation has a weighted mean 206 Pb/ 238 U ID-TIMS zircon age of 551.1 ± 0.7 Ma (Condon et al., 2005) , and is overlain by uppermost Ediacaran recrystallized dolostones of the Dengying Formation. The cause of slow but long-lived subsidence during Ediacaran-Cambrian time on the Yangtze Platform is poorly understood-the entire Lower Cambrian succession is usually contained within 120 m of condensed, phosphatic dolomites and argillites.
In South China, the lowest Cambrian is referred to as the Meishucunian Stage (Qian, 1977) , with trilobites fi rst appearing in the overlying Qiongzhusian Stage. The biostratigraphy of the Meishucunian recently has been revised (Qian et al., 2001; Steiner et al., 2007) . The lower most part of the Meishucunian is dominated by anabaritids and protoconodonts, and a correlation with the lower Nemakit-Daldynian has generally been accepted; higher zones in the Meishucunian have been more diffi cult to correlate (Qian and Bengtson, 1989) . Recent work has favored the view that the Meishucunian includes equivalents to both the Nemakit-Daldynian and Tommotian . As trilobites fi rst appear at the base of the Atdabanian in Siberia and the base of the Qiongzhusian in South China, these levels often have been regarded as correlative, although the correctness of this interpretation remains undemonstrated; different correlations suggest that the base of the Qiongzhusian is above or below (Qian et al., 2001 ) the base of the Atdabanian.
Some workers have attempted to defi ne the E-C boundary in South China by the stratigraphically highest negative δ 13 C CaCO 3 excursion below the fi rst appearance of Treptichnus pedum and small shelly fossils, but even this placement has been controversial (Luo et al., 1991; Brasier et al., 1990; Zhang et al., 1997; Shen and Schidlowski, 2000; Zhu et al., 2001a) . Further complicating basinwide and global correlations, the lower Nemakit-Daldynian (542-533 Ma) of South China is not dominated by the 1‰-3‰ positive δ 13 C CaCO 3 excursions with frequencies of 0.5-1 m.y. that are so characteristic of Morocco, Siberia, and Mongolia (Fig. 5) . The most distinctive Nemakit-Daldynian δ 13 C CaCO 3 tie point in China is the fi rst shift toward ≥+4‰ values (peak 5p; Fig. 5 ). This shift is well developed at Xiaotan , Anjiahe , and Jijiapo (M. Zhu, 2010, personal commun.), and the beginning of the shift is pinned at Meishucun (Brasier et al., 1990) by a tuff from Bed 5 that has a weighted mean 206 Pb/ 238 U ID-TIMS zircon age of ca. 533 Ma (Brooks et al., 2006 ; see also Compston et al., 2008; Jenkins et al., 2002) (Fig. 5 ). This Bed 5 tuff provides the best estimate for the durations of the pair of upper Nemakit-Daldynian positive δ 13 C CaCO 3 excursions.
RESULTS
Small Shelly Fossils
One surprising result from Figure 5 (also see Fig. 6 ) is evidence for early appearances of calcareous brachiopods, archaeocyaths, and trilobites. Calcareous brachiopods are thought to have appeared in the mid-Tommotian, after the appearance of phosphatic brachiopods (Ushatinskaya, 2001 (Ushatinskaya, , 2008 , but our age model suggests that Khasagtina, accepted as an early calcareous brachiopod of possible kutorginid affi nity (Ushatinskaya, 1987; Bengtson, 1992a; Popov and Williams, 2000) , comes from rocks that are late Nemakit-Daldynian in age, ca. 528 Ma (Ushatinskaya, 1987) . (Note that there is confl icting evidence regarding kutorginid brachiopod mineralogy; some may have had a partially aragonitic shell [James and Klappa, 1983] . The mineralogy of Khasagtina is not known.) Evidence for Nemakit-Daldynian archaeo cyaths is more questionable, and is based on fragments of archaeocyaths reported from Selinde in rocks inferred by our age model to be ca. 530 Ma (2.7 m and 5 m above the base of the Pestrotsvet Formation; Korshunov et al., 1969; Khomentovsky and Karlova, 2002) . However, specimens are not illustrated in those reports, making evaluation diffi cult, and other detailed stratigraphic studies place the fi rst appearance of archaeocyaths in much higher rocks (21 m above the base of the Pestrotsvet Formation, inferred by our age model to be ca. 525 Ma), suggesting the earlier reports may have been in error (Voronova et al., 1983; Repina et al., 1988; et al., 2005) . Although the mid-Tommotian age for trilobites from the Meishucun and Xiaotan sections refl ects the best fi t between the Chinese and Moroccan δ 13 C CaCO 3 curves, this fi t is poorly constrained, and the fi rst appearance of trilobites in China could be much younger. However, the age constraints on trilobites from Sukharikha are much better; the fi t between δ 13 C curves from Sukharikha and Morocco has almost no mismatch (Fig. 5 ), and the rocks in which the trilobites occur correlate with strata from Morocco that are radiometrically constrained to be older than 520.93 ± 0.14 Ma and younger than 522.85 ± 0.22 Ma (Maloof et al., 2010a) . Interestingly, archaeocyaths typical of Atdabanian strata elsewhere also appear at this horizon, suggesting a mismatch between biostratigraphic and chemostratigraphic boundaries (Kouchinsky et al., 2007) . Figure 6 summarizes the fi rst appearance data of the groups highlighted in Figure 5 , color-coded according to skeletal mineralogy. A factor of particular note is the sequence of mineral acquisition. The fi rst taxa to appear are either aragonitic or phosphatic; the fi rst calcitic taxa do not appear until either the late Nemakit-Daldynian or the beginning of the Tommotian (depending on the original mineralogy of the calcareous brachiopod Khasagtina and the fi rst appearance of archaeocyaths at Selinde). No new acquisitions of aragonitic skeletons occur after the Nemakit-Daldynian until the appearance of the kilbuchophyllid corals in the Ordovician and scleractinian corals in the Triassic (Porter, 2010) . The sequence of fi rst appearances of aragonitic and calcitic taxa shown in Figure 6 also is observed within each section, suggesting that it is a relatively robust pattern. As shown in Figure 5 , all aragonitic taxa appear either before or at the same time as calcitic taxa. In combination with evidence that seawater chemistry favored aragonite precipitation during the late Precambrian and favored calcite precipitation during the Tommotian (Porter, 2007;  see section "Strontium"; Fig. 6 ), the pattern shown in Figures 5 and 6 supports the hypothesis that carbonate skeletal mineralogy is determined by the chemistry of seawater at the time carbonate skele tons fi rst evolve in a clade (Porter, 2007 (Porter, , 2010 Zhuravlev and Wood, 2008) . Although several phosphatic groups are known to appear later in the Early Cambrian (e.g., the problematica Mober gella, Tumulduria, and Rhombocorniculum in the Tommotian and bradoriids and Micro dictyon in the Atdabanian), the clustered appearance of important Early Cambrian phosphatic bio mineralizers may be meaningful, perhaps refl ecting seawater chemistry responsible for widespread phospho genesis at this time (e.g., Cook and Shergold, 1984) .
EDIAC N E M A K I T -D A L D Y N I A N TOMMOTIAN
Another factor of note in Figure 6 is the pattern of fi rst appearances of small shelly fossil taxa. It is important to emphasize that the thickness of each segment in the spindles shown in Figure 6 does not indicate standing diversity; rather, it records the total number of genera that had appeared by the indicated time bin, calculated as the number of genera that appeared in earlier time bins plus the number of new genera that appear at that time. Thus, the spindles represent cumulative fi rst appearances; they do not take into account extinctions, which are diffi cult to infer from our database. Because a taxon's time of origin always predates its appearance in the fossil record, the cumulative number of fi rst appearances shown in Figure 6 should be understood as a minimum estimate: we can state how many small shelly fossil genera must have evolved by a certain time, but the real number may be much higher. A number of notable patterns emerge from these data. First, the major groups of small shelly fossils (anabaritids, protoconodonts, etc.) appear early: fi ve are present by 540 Ma, and all except the coleolids appear by 532 Ma. This proliferation of higher taxa seems to outpace proliferation of genera within each taxon, consistent with the observation (see section "Intro duction") that disparity reaches its peak early in a group's history (although small shelly fossils are a polyphyletic assemblage). Second, although outpaced by the proliferation of higher taxa, small shelly fossil genera do appear quite early as well, with 46% of the small shelly fossil taxa known from Nemakit-Daldynian and Tommotian sections studied here appearing by 534-532 Ma, and 72% appearing by 526-524 Ma. This result suggests a gradual unfolding of diversity through the Nemakit-Daldynian Knoll et al., 1995a) , rather than a burst at or just before the Tommotian boundary. Finally, Figure 6 indicates that the dominant contributors to small shelly fossil diversity are molluscs and hyoliths, with more minor contributions from cap-shaped fossils and coeloscleritophorans. If these four groups are closely related (Marek and Yochelson, 1976; Bengtson, 1992b; Vinther and Nielsen, 2005) , then the Nemakit-Daldynian and Tommotian diversifi cation of small shelly fossils predominantly refl ects the radiation of a single clade. Figure 7 shows the number of small shelly fossil genera that fi rst appear in each time bin, for all sections combined (global data) and for different subsets of sections (each region by itself or all sections but one). The global data suggest several pulses of fossil fi rst appearances: a pulse (pulse eND ) between 540 and 538 Ma, a pulse (pulse mND ) between 534 and 530 Ma, and a pulse (pulse T ) between 524 and 522 Ma. Pulse eND appears to be recorded primarily in Mongolia and could refl ect local preservational conditions within the Bayan Gol section. In contrast, pulse mND and pulse T appear to be insensitive to the removal of any particular section and are recorded in both China and Siberia (although pulse mND is shifted later in Siberia). These pulses may refl ect a global preservational bias (e.g., the effects of eustasy or ocean geochemistry), real pulses in diversification, or perhaps both (cf. Peters, 2005) .
Isotopes and Trace Elements
So far, we only have considered δ 13 C CaCO 3 as a tool to generate a fossil-independent age model within which the paleontological data from Siberia , Mongolia, and China can be interpreted (Fig. 5 ). This analysis contains the implicit assumption that δ 13 C CaCO 3 in platformal carbonates records a global signal. Workers frequently call upon the observation that δ 13 C CaCO 3 time series may be matched peak-for-peak between separate continents as the strongest evidence for a global signal (e.g., Halverson et al., 2005; Maloof et al., 2005; Macdonald et al., 2009 ). However, synchronous δ 13 C CaCO 3 signals in globally distributed platformal carbonates may not necessarily refl ect a change in global ocean dissolved inorganic carbon (DIC). For example, global processes such as climate and sea-level change may affect the distribution of mineralogies and the depositional and diagenetic environments that control δ 13 C CaCO 3 on shallow-water carbonate platforms, so that some changes in platform δ 13 C CaCO 3 do not mimic changes in the δ 13 C of open-ocean DIC (Swart, 2008) . Along similar lines, Hayes and Waldbauer (2006) proposed that temporal changes in the global importance of diagenetic reactions (e.g., methanogenesis) in sediments could produce globally similar patterns of local alteration. We consider this assumption extensively in Appendix section A9, and conclude that the dominant δ 13 C CaCO 3 signal recorded in Lower Cambrian carbonate platform sediments primarily refl ects changes in the isotopic composition of global DIC.
Carbonate Carbon
The δ 13 C CaCO 3 chemostratigraphies of Morocco, Siberia, Mongolia, and China depict a superposition of δ 13 C CaCO 3 oscillations with different characteristic periods and amplitudes. High-frequency signals with periods ≤10 5 yr and amplitudes of 1‰-3‰ are present as regionally and often globally reproducible signals between 542 and 533 Ma, and as globally welldefi ned excursions at other times, such as the negative spike at 529 Ma (Fig. 5 ). Even higherorder variability of <1‰ amplitude may be present, but the sampling density is too coarse to determine whether or not this variability refl ects temporally coherent oscillations. The δ 13 C CaCO 3 variations of substantially longer period (4-7 m.y.) and larger amplitude (8‰-11‰) dominate the middle to upper Nemakit-Daldynian, while moderate-frequency oscillations with periods of ~10 6 yr and amplitudes of 2‰-4‰ characterize the Tommotian-Atdabanian.
From a subset of the same carbonate samples that we used to generate the δ 13 C CaCO 3 chemostratigraphy, we develop δ 13 C org , 87 Sr/ 86 Sr, uranium, and vanadium time series. In the following paragraphs, we document these additional time series and interpret them in the context of the δ 13 C CaCO 3 and paleobiological records.
Organic Carbon
Throughout most of the Phanerozoic Eon, paired records of carbonate carbon (δ 13 C CaCO 3 ) and coeval bulk organic carbon (δ 13 C org ) suggest a model in which the organic carbon in marine sediments is derived and isotopically fractionated from contemporaneous DIC. In contrast, δ 13 C CaCO 3 and δ 13 C org records from Cryogenian (ca. 720-635 Ma; Swanson-Hysell et al., 2010) and Ediacaran (635-542 Ma; Calver, 2000; Fike et al., 2006; McFadden et al., 2008) carbonate successions display relatively invariant δ 13 C org , despite large changes to δ 13 C CaCO 3 . Rothman et al. (2003) originally observed this behavior in the Hayes et al. (1999) compilation of globally averaged δ 13 C CaCO 3 and δ 13 C org data and proposed a controversial model for the late Neoproterozoic carbon cycle in which a very large, semirefractory, 13 C-depleted dissolved or particulate organic carbon (DOC or POC) reservoir maintained nearly constant carbon isotope composition and, through incorporation into sediments, overwhelmed the isotopic signal from contemporaneous primary-biomass-fractionating DIC.
In contrast, the carbon isotope composition of the relatively small DIC pool would be susceptible to large negative swings associated with DOC/POC remineralization.
Past reconstructions of the global organic carbon cycle using δ 13 C of bulk organic carbon (e.g., Rothman et al., 2003) rely on the assumption that the δ 13 C of the measured organic carbon (δ 13 C org ) is relatively unaltered by dia-genesis and refl ects young organic carbon incor porated into the sediment at the time of depo si tion. Possible sources of uncertainty include the effect of thermal maturation and oxidation on bulk total organic carbon (TOC) δ 13 C org values (Des Marais et al., 1992) , contamination by migrating hydrocarbons, and contamination by weathered detrital organic carbon. Although quantifying the effects of contamination and diagenetic alteration on bulk TOC δ 13 C org values is beyond the scope of this study, there are several qualitative points that may be important. First, a basinwide decrease in TOC due to thermal maturation or oxidation will tend to shift TOC toward more enriched δ 13 C org values, changing the absolute value of the difference (ε) between δ 13 C CaCO 3 and δ 13 C org but not δ 13 C org trends (Des Marais et al., 1992) . Second, contamination by migrating hydrocarbons should be porosity and permeability dependent. As a result, the effects of contamination on the δ 13 C org value of bulk TOC are expected to depend on lithofacies and the degree of early diagenetic cementation (see Fig. A1 in Appendix). Finally, contamination by detrital C org may be a signifi cantly underappreciated source of TOC in Precambrian shallow-marine sediments. Recent work on the recycling of ancient TOC in modern tectonically active continental margins indicates that at sites with high sedimentation rates, up to 30% of the TOC in marine sediments is detrital (Aller et al., 1996; Blair et al., 2003; Drenzek et al., 2009) . Also, it is important to note that the organic carbon contents of these sediments are not trivial (0.1-1 wt% TOC; Blair et al., 2003) , suggesting that wt% TOC may not be a sufficient predictor of detrital contamination. Efficient reburial of TOC in these environments is thought to be due to the short time that the fossil organic carbon is exposed to oxidizing conditions (Blair et al., 2003) . Lower concentrations of the major oxidants in seawater (O 2 , SO 4 2-) in the late Precambrian and early Phanerozoic should be asso ciated with less oxidative exposure and more effi cient reburial of fossil organic carbon globally (i.e., not just in active margin sediments). A large contribution of fossil organic carbon should be associated with damped (or invariant) bulk TOC δ 13 C org values.
Despite the potential complications associated with interpreting bulk TOC δ 13 C org values in ancient rocks, the Rothman et al. (2003) hypothesis of a large and dynamic DOC pool is an intriguing one in light of the large variability in the isotopic composition of carbonate carbon (δ 13 C CaCO 3 ). The form and size of the required organic carbon pool depends crucially on the time scale of the observed δ 13 C CaCO 3 excursions (Higgins and Schrag, 2006) and the oxidant budget of the ocean (Bristow and Kennedy, 2008) . Rothman et al. (2003) proposed DOC pools 100-1000 times larger than those of today (DOC is ~45 μM in the deep ocean today; Hansell and Carlson, 2001 ) in order to get the observed decoupling of δ 13 C CaCO 3 and δ 13 C org , but these values assume roughly modern concentrations of DIC in the ancient ocean: the carbon cycle dynamics depend critically on the relative sizes of DOC and DIC, not the absolute size of DOC. Today, millimolar-level concentrations of DOC are common in lake environments (O'Loughlin and Chin, 2004; Smith et al., 1993; Takacs et al., 2001; Giri et al., 2004) , in marine pore waters (Lahajnar et al., 2005) , and in the euxinic waters of the Black Sea (Agatova et al., 1989 (Agatova et al., , 2001 Torgunova, 1994) , where even the oxic upper waters have DOC elevated up to 5× that of normal seawater (Cauwet et al., 2002) .
The apparent end of δ 13 C org invariance in the latter stages of the Shuram-Wonoka isotope anomaly ca. 551 Ma (Condon et al., 2005) has been interpreted as the demise of the large DOC source (Fike et al., 2006) , perhaps associated with the radiation of benthic microsuspension feeders such as sponges and some of the Ediacara fauna (Sperling et al., 2007) . In Oman, the Ediacaran-Cambrian boundary δ 13 C excursion appears to display excellent covariance in δ 13 C CaCO 3 and δ 13 C org (Fike, 2007) , but, to our knowledge, no detailed paired δ 13 C CaCO 3 and δ 13 C org record has previously been generated from Lower Cambrian carbonates. We describe δ 13 C org methods in Appendix section A2 and display new data from Morocco in Figures 8 and A1 (see Appendix). Figure 8 depicts no Neoproterozoic-like invariance in δ 13 C org , but instead shows that δ 13 C CaCO 3 and δ 13 C org are uncorrelated from 542 to 532.5 Ma and 524.85 to 520.5 Ma, and are correlated from 532.5 to 524.85 Ma. The δ 13 C org curve is reproduced from two stratigraphic sections that are separated by over 100 km and contain signifi cantly different facies associations representing outer-shelf (Oued Sdas, MS-7) and inner-shelf (Sidi M'Sal, MS-16) environments (Maloof et al., 2010a) . Some workers have expressed concern that carbonates with low total organic carbon may be prone to contamination by external sources of organic carbon. The Moroccan samples have TOC ~0.05 wt%, typical of many Neoproterozoic and Phanerozoic carbonates, and we observe no correlation between δ 13 C org and TOC ( Fig. A1B [see Appendix]) or lithofacies ( Fig. A1 [see Appendix] ), suggesting that porosity-and permeability-dependent contamination associated with migrating hydrocarbons was not important. Furthermore, the lack of correlation among δ 13 C org , TOC, and litho facies suggests that size and density sorting during sediment transport of fossil carbon particles did not preferentially concentrate fossil carbon into specifi c lithologies (and thus fossil carbon may not impact δ 13 C org ).
Paired Carbonate and Organic Carbon
Coherent excursions in the δ 13 C record of the global DIC reservoir of the magnitude and duration observed in the Cambrian are diffi cult to reconcile with our current understanding of the budgets and dynamics of the global carbon cycle on geologic time scales. Carbon isotope excursions of 5‰-10‰ over 0.1-2.0 m.y. require both extreme changes in the ratio of organic carbon to total carbon outputs (f org = C org /C total ) and extreme absolute rates of carbon throughput. Maloof et al. (2010a) calculated response times to a step change in f org from 0.4 to 0.14 (these f org values were calculated from δ 13 C CaCO 3 and δ 13 C org values assuming steady-state carbon cycling [Kump and Arthur, 1999] for various [DIC] and carbon burial (F burial ) and input fl uxes (F input = F burial in steady state). For F burial and [DIC] similar to those of modern oceans, this change in f org would require 3.5 m.y. to generate a δ 13 C CaCO 3 excursion similar in magnitude to that seen at the ND-T boundary (post-6p negative excursion; Fig. 5 ; Maloof et al., 2010a) . Larger [DIC] or smaller F burial lead to more sluggish response times (Bartley and Kah, 2004) . For example, a steady-state model of the ND-T boundary negative δ 13 C CaCO 3 shift (post-6p; Fig. 5 ) constrained to last 330-686 k.y. will only work for modern values of [DIC] if F burial is four times larger than today, or if the change in f org was much more extreme than the beginning and ending values for δ 13 C CaCO 3 suggest. Furthermore, most authors believe that the Cambrian Period had elevated [DIC], up to 9 mM (Berner et al., 1983) , due to the higher pCO 2 required to compensate for a 5% weaker Sun (Bahcall et al., 2001) and to explain the lack of glaciation (Hambrey and Harland, 1981) . High atmospheric pCO 2 could have been maintained with lower [DIC] if ocean pH was very low and calcium concentrations were high enough to maintain CaCO 3 saturation (Higgins et al., 2009), although we have no evidence for such a low-pH ocean. For [DIC] ~9 mM, an F burial 16 times larger than modern carbon burial fl ux is required to generate the observed δ 13 C CaCO 3 shift in ca. 500 k.y.
On time scales >100 k.y., F input = F burial should refl ect volcanic (e.g., Berner et al., 1983) and metamorphic (e.g., Evans et al., 2008) outgassing rates of CO 2 . To explain the lowest Cambrian δ 13 C CaCO 3 shifts, Cambrian volcanoes or orogenies (e.g., Squire et al., 2006) must have been 4-16 times more potent CO 2 producers than those of today (see section "Strontium"). It is important to note that on geologic time scales, the high rates of volcanic/metamorphic outgassing required by our data must be balanced by carbon sinks (CaCO 3 , C org , or both). Although absolute rates of carbonate burial are diffi cult to extract from the geologic record, the observation that large carbonate depositional systems on shallow continental shelves may have extended poleward of the Antarctic Circle (Appendix section A8; Fig. 3 ) is consistent with higher overall rates of carbonate burial during this time.
If we consider the Phanerozoic system where organic carbon is derived from contemporaneous DIC, the long-term steady-state (i.e., greater than the relaxation time of the oceanatmosphere carbon cycle, which presently is a few hundred thousand years; Holser et al., 1988) carbon-isotopic mass balance for the ocean can be written:
where δ 13 C in is the isotopic composition of DIC entering the ocean (approximately mantle composition), δ 13 C CaCO 3 is the isotopic composition of the oceanic DIC pool derived from chemical weathering, ε is the difference between DIC and organic carbon (often dominated by the kinetic isotope fractionation associated with the uptake of carbon by photoautotrophs), and f org = C org /C total is the fraction of carbon buried that is organic (Kump, 1991) . Changes in f org correspond to changes in the burial fl uxes of oxidized and reduced carbon species. Changes in ε correspond to changes in the difference between the isotopic compositions of those carbon end members. Assuming that the global carbon cycle in the Cambrian can be approximated by the steady state described in Equation 1, we suggest that the lower Nemakit-Daldynian and Tommotian intervals of uncorrelated δ 13 C CaCO 3 and δ 13 C org and relatively low δ 13 C CaCO 3 volatility (Fig. 8) were dominated by local variability in the carbon isotopic composition of organic matter associated with variability in biological fractionation, organic matter preservation, or contamination by ancient organic carbon weathered from the continents. Unlike DIC, which is generally thought to be globally homogeneous on time scales longer than the 10 3 yr mixing time of the ocean, C org can be dominated by local infl uences (associated with carbon fi xation mechanisms and rates, degree of remineralization, and trophic structure). These factors can lead to local changes in δ 13 C org , separate from and superimposed on any changes in δ 13 C org inherited from changing the isotopic composition of DIC, which is the source for the carbon.
In contrast, we interpret the upper Nemakit-Daldynian interval of correlated δ 13 C CaCO 3 and δ 13 C org , high δ 13 C CaCO 3 volatility, and virtually no small shelly fossil fi rst appearances (Fig. 5 ) as dominated by changes in f org , perhaps associated with changes in oceanic redox conditions, carbon to phosphorus ratios of buried organic matter, or phosphate versus nitrate limitation (Saltzman, 2005; Maloof et al., 2005) .
Over the ≥100 k.y. time scale required to achieve carbon-isotopic steady state, phosphate (PO 4 3-) is likely to be the limiting nutrient for primary productivity (Broecker and Peng, 1982; Smith, 1984; Lenton and Watson, 2000; Tyrrell , 1999; Schrag et al., 2002) . It follows that the burial of organic carbon is controlled by the river ine fl ux of PO 4 3to the ocean and its removal in sediments and hydrothermal systems (Kump, 1988; Schrag et al., 2002) . As pointed out by Schrag et al. (2002) and Junge et al. (1975) , an increase in silicate weathering would lead to an increase in the fl ux of both riverine PO 4 3and alkalinity to the oceans, enhancing the burial of organic and carbonate carbon in approximately equal proportions and keeping f org (and thus δ 13 C CaCO 3 ) about the same. This argument suggests that positive δ 13 C CaCO 3 and δ 13 C org swings in the Early Cambrian ocean must have been driven by increasing burial of C org relative to PO 4 3-. Unfortunately, the processes that control the relative rates of C org and P burial are not well understood. Because the vast majority of P delivered to sediments is associated with C org , and most C org that is delivered to sediments is respired, it is the processes that infl uence the leak of P back to the ocean that will ultimately control the rate of P burial relative to C org . There is some evidence from organic compounds that local anoxia enhances the leak of PO 4 3back to seawater, allowing for higher rates of C org burial relative to PO 4 3-. On short time scales, this feedback has been argued to amplify anoxia, although on million-year time scales, enhanced burial of C org will lead to the accumulation of atmospheric O 2 and a return to more oxic conditions Ingall et al., 1993; Van Cappellen and Ingall, 1996; Ingall and Jahnke, 1997) . Exactly how this mechanism could produce the oscillations in δ 13 C CaCO 3 observed in the Cambrian is not clear. In addition, recent studies found the unexpected result that apatite precipitation and sequestration of PO 4 3are favored in anoxic conditions (Goldhammer et al., 2010) .
The large carbon isotope excursions that characterize the Cambrian are remarkable for both their magnitude and the short duration over which they occur. The covariance between δ 13 C CaCO 3 and δ 13 C org during most of the largeamplitude changes suggests that the carbon isotope excursions are related to changes in the δ 13 C of contemporaneous DIC and not to diagenesis (e.g., Derry, 2010) or the dynamics of a large, homogeneous DOC pool (e.g., Rothman et al., 2003) . Given the caveats involved in interpretation of bulk TOC δ 13 C org data, the lack of correlation during periods of high-frequency, low-amplitude δ 13 C CaCO 3 excursions is likely due to local variability in δ 13 C org , unrelated to the δ 13 C of DIC or buffering by detrital C org . However, in the context of our current understanding of the global carbon cycle on geologic time scales, the magnitude and rapidity of the carbon isotope excursions require extreme changes in the relative rates of C org and CaCO 3 burial and rates of volcanic outgassing that are up to an order of magnitude larger than modern fl uxes. Decarbonation of carbonaceous sediments (CaCO 3 and C org ), either in subduction zones or in metamorphic terranes, a likely source of some of the addi tional carbon. Although it is uncertain to what extent higher rates of continental metamorphism are expected during periods of supercontinent assembly, the earliest Cambrian is associated with the latter stages of the breakup of southern Rodinia and the assembly of Gondwana ( Figs. 3 and 10) . Though it is tempting to regard the volatility in f org and high rates of carbon throughput as having a common cause, exactly how tectonic processes infl uence organic carbon burial and atmospheric O 2 remains a mystery (but see Campbell and Squire [2010] for one hypothesis).
Strontium
During the earliest Cambrian, seawater 87 Sr/ 86 Sr, as recorded in carbonate rocks from Morocco, Siberia, Mongolia, and China, declined monotonically by ~0.0006 (Fig. 9A) . Seawater chemistry is thought to have alternated throughout Earth history between states that favor aragonite production (during intervals referred to as aragonite seas) and those that favor calcite production (during calcite seas). The major control on mineralogy is thought to be the Mg/Ca ratio of seawater, with ratios above ~2.0 favoring aragonite, and lower ratios favoring calcite (Stanley and Hardie, 1998; Lowenstein et al., 2001) . We explore the implications of the observed shift from arago nite to calcite seas during the Early Cambrian ( Fig. 5 ; Porter, 2007) and the associated decline in the 87 Sr/ 86 Sr of seawater (Figs. 9A and A9 [see Appendix]) for changes in the chemistry of seawater through the Cambrian using a numerical model of the global magnesium, calcium, and strontium cycles .
Modeled processes include carbonate and silicate weathering, high-temperature hydrothermal alteration of oceanic crust, burial of carbonate minerals, and dolomitization (see Appendix section A11). Mechanisms for a decline in the Mg/Ca ratio of seawater on time scales of tens of millions of years include an increase in the rate of high-temperature hydrothermal alteration of the oceanic crust or an increase in the rate of dolo mite formation (Holland and Zimmermann, 2000; Hardie, 1996) .
Rising global sea level in the Early Cambrian (e.g., Miller et al., 2005; Haq and Schutter, 2008) is consistent with increased submergence of shallow-water carbonate platforms, higher rates of dolomitization, and a consequent decline in the Mg/Ca ratio of seawater. The effect of an increase in dolomitization on the Sr isotopic composition of seawater is diffi cult to constrain, although it is likely to be small. Thus, an increase in dolomitization through the Cambrian may help to explain the observed decrease in the Mg/Ca ratio of seawater and shift from aragonite to calcite seas, but it does not help to explain the decline in 87 Sr/ 86 Sr or the rise in sea level.
An increase in the rate of hydrothermal alteration of oceanic crust is consistent with the observed decrease in the 87 Sr/ 86 Sr of seawater between 543 and 521 Ma (e.g., Edmond, 1992; Richter et al., 1992) . If caused only by changes in the rate of hydrothermal alteration of oceanic crust, a 0.0006 decline in the 87 Sr/ 86 Sr of seawater would require a 2.25× increase in the fl ux of seawater through high-temperature hydrothermal systems at mid-ocean-ridge crests, from 3.75 × 10 13 kg seawater per year to 8.4 × 10 13 kg seawater per year ( Fig. 9 ; Table 1 ). A smaller increase in the hydrothermal fl ux of seawater would be required if the 87 Sr/ 86 Sr of the weathering fl ux declined appreciably during this interval. For example, model calculations indicate that no change in hydrothermal fl ux of seawater would be required if the 87 Sr/ 86 Sr of the weathering fl ux declined from 0.7105 to 0.7096 from 543 to 521 Ma (Table 1) . Such a decline in the 87 Sr/ 86 Sr of the weathering fl ux could be accommodated by any combination of a reduction in the rate of silicate weathering, an increase in the rate of carbonate weathering or recrystallization, or a reduction in the average 87 Sr/ 86 Sr of weathered carbonate and silicate rocks (Edmond , 1992) . Observations of rising eustatic sea level through this interval (Miller et al., 2005; Haq and Schutter, 2008) do not favor increased rates of carbonate weathering.
The recrystallization of metastable carbonates, specifi cally the conversion of aragonite to low-Mg calcite, can have a signifi cant effect on the Sr concentration and isotope budget of seawater (Stoll and Schrag, 1998) . Aragonite contains roughly 5-9 times more Sr than does low-Mg calcite precipitated from seawater. Because aragonite is metastable at Earth's surface conditions, it tends to recrystallize to low-Mg calcite on a range of time scales (Swart et al., 2001; James et al., 2005) . In the process, 80%-90% of the Sr contained in the primary aragonite is released back to seawater. Thus, the volume of aragonite buried in sediments represents a potential source of relatively unradiogenic Sr that will be mobilized if rates of aragonite burial or recrystallization change. It is diffi cult to say how rates of recrystallization might be affected by rising sea level, but the reduction in aragonite burial associated with the shift from aragonite to calcite seas at ca. 525 Ma is expected to have diminished the fl ux of Sr associated with recrys-tallization as the volume of sedimentary aragonite was progressively depleted. Although not modeled here, the loss of this additional source of carbonate Sr may help to explain the apparent infl ection in the 87 Sr/ 86 Sr of seawater toward higher values after 525 Ma.
Model calculations indicate that a 55% decline in the rate of silicate weathering would be required to explain the observed decline in the 87 Sr/ 86 Sr of seawater (Table 1) . However, there is no independent evidence for a cooling that could cause a change of this magnitude, and Early Cambrian plate reconstructions suggest that the climate may have warmed during this interval to allow for development of highlatitude shallow-water carbonate microbialites (see Appendix section A8; Fig. 3 ). It is well known that changes in the weathering of rocks containing highly radiogenic Sr can have a large effect on the 87 Sr/ 86 Sr value of the weathering fl ux (e.g., Edmond, 1992; Richter et al., 1992; Derry and France-Lanord, 1996; Galy et al., 1999) . Thus, for instance, chemical weathering of exhumed lower-crustal granulites in Pan-African orogens (Squire et al., 2006; Campbell and Squire, 2010) may have supplied unradiogenic material to rivers and lowered the 87 Sr/ 86 Sr of seawater. While a change in the 87 Sr/ 86 Sr of the weathering fl ux may be signifi cant, we believe that an increase in the rate of hydrothermal alteration of oceanic crust is likely the most important contributor to the observed decline in 87 Sr/ 86 Sr, because a hydro thermal explanation is consistent with independent observations of a decrease in the Mg/Ca ratio of seawater and the switch from aragonite to calcite seas across the ND-T boundary (Fig. 5; Porter, 2007) .
The simplest way to increase the rate of hydrothermal alteration of oceanic crust is to increase the total length of mid-ocean ridges around the world. If total hydrothermal alteration scales linearly with ridge length, then an approximate doubling of ridge length over 20 m.y. would be required. The late Neoproterozoic to Early Cambrian is a time of continent dispersal during the breakup of Rodinia . Centered around Laurentia (North America) (Hoffman, 1991) , the breakup of northern Rodinia spalled future east Gond wanan continents (e.g., Australia, Antarctica, India, South China) across the incipient Pan thalassa Ocean starting as early as Pisarevsky et al., 2003) and perhaps culminating with the fi nal rift-to-drift transition from the modern western margin of North America in the Early Cambrian Bond et al., 1988) . In contrast, southern Rodinia (or Pannotia) did not break apart into Laurentia, Baltica (northern Europe ), Siberia, and west Gondwana (now Africa and South America) until latest Ediacaran (Fig. 3) , with a well developed rift-to-drift transition and opening of the Iapetus Ocean in the Early Cambrian (Bond et al., , 1988 . The opening of Iapetus alone could have doubled mid-oceanridge lengths. Parsons (1982) and Rowley (2002) used the area/age versus age distribution of modern oceanic lithosphere to suggest that there have been no signifi cant changes in global seafl oor production rates over the past 180 m.y. Seafl oor production is a function of both ridge length and seafl oor spreading rates. The primary source of error in such ridge-production estimates is the inherent uncertainty in reconstructing the nowsubducted ridges in the Pacifi c and Tethyan Ocean basins. In those studies that contradict Parsons (1982) and Rowley (2002) and suggest a 5%-20% mid-Cenozoic (Conrad and Lithgow-Bertelloni, 2007 ) and 50%-100% long-term Cretaceous-Tertiary (Kominz, 1984; Engebretson et al., 1992) decrease in crust production, it is the seafl oor production along these subducted ridges that is responsible for the discrepancy. Unfortunately, none of these studies has enough seafl oor area to work with to determine how ridge length and production changed during the early stages of the breakup of Pangea (200-170 Ma), a time when plate reconfi guration and continent dispersal were most analogous to the Early Cambrian. Therefore, we consider it possible that ridge length and ridge production could both increase during the breakup of a supercontinent.
A doubling of ridge length would lead to an increase in ridge volume of ~5 × 10 6 -25 × 10 6 km 3 for average half-spreading rates of 1-5 cm yr -1 . Assuming transgressing shorelines on a planet with a similar distribution of continental elevations as today, this change in the mid-ocean-ridge system would cause a 10-70 m sea-level rise (e.g., Pitman, 1978) . However, Gurnis (1990) suggested that increased ridge production would be offset by faster subduction and lead to an increase in the negative dynamic topography near convergent margins, thus diminishing the sea-level rise associated with the ridge volume change. Husson and Conrad (2006) disputed the idea that ridge-displaced water could be stored in trenches by showing that, if plate acceleration is enabled by a change in mantle viscosity, the effect of dynamic topography on basin volume, and thus sea level, is nearly removed. In summary, changes in ridge production (and thus plate velocities) likely will lead to a net increase in eustatic sea level, but the amplitude, and even the sign, of the associated dynamic topographic infl uence on eustasy is diffi cult to determine (Conrad and Husson, 2009) . No glacial sediments of defi nitive Early Cambrian age have been found (Hambrey and Harland, 1981) , so glacioeustasy is not a viable alternative for sea-level change (but see Norin , 1937; Runkel et al., 2010; Landing and MacGabhann, 2010) .
A sea-level rise of 10-70 m is consistent with the general observation that virtually every continent underwent progressive fl ooding starting sometime in the Early Cambrian (e.g., the "Cambrian transgression" of Matthews and Cowie, 1979; McKie, 1993) and culminating in the Middle-Late Ordovician "Sauk" highstand (e.g., Sloss, 1963; Haq and Schutter, 2008) . However, the relative position of shorelines is not a direct measure of eustasy, because changes in subsidence and sediment supply also infl uence shoreline location. Numerous workers have attempted to use sequence stratigraphic boundaries such as fl ooding surfaces and erosional unconformities preserved in the sedimentary records of cratonic basins as more accurate indicators of relative sea-level change (Vail et al., 1977; Haq et al., 1987; Miller et al., 2005; Haq and Schutter, 2008) . The sub-Tommotian unconformity and subsequent northwest-to-southeast transgression of the Siberian platform (see section "Siberia") is an example of a Lower Cambrian fl ooding event. Correlations of sequence boundaries of similar ages from different continents are what have led to interpretations of global eustatic change, although such correlations are challenging because interpolation between Lower Cambrian sections without radiometrically dated ash beds or suffi cient bio-and chemostratigraphy can lead to age uncertainties as large as 10 m.y. Furthermore, even sequence stratigraphic observations are notoriously poor indictors of eustasy, as coastlines around the world are in constant motion relative to sea level due to the dynamics of mantle convection (e.g., Moucha et al., 2008) .
Despite all of these caveats, we propose that the Lower Cambrian 87 Sr/ 86 Sr record presented here is consistent with an increase in the rate of hydrothermal alteration of seafl oor basalt and the consequent transition from an aragonite to a calcite sea ( Fig. 9) . A feature associated with the increase in mid-ocean-ridge production is a global sea-level rise that fl ooded parts of all the continents (e.g., Worsley et al., 1984) . Rela-tive sea-level rise was diachronous, depending on the initial elevation of the continent and dynamic topography. The increase in mid-oceanridge production also should have led to an increase in the rate of volcanic outgassing and climate warming, which may help to explain the existence of the Moroccan carbonate belt at remarkably high latitude (e.g., McCausland et al., 2007;  Fig. 3) .
The new Lower Cambrian 87 Sr/ 86 Sr record nicely connects the composite Neoproterozoic and Phanerozoic 87 Sr/ 86 Sr curves compiled by Halverson et al. (2007 Halverson et al. ( , 2010 and Veizer et al. (1999) , respectively (Fig. 10) . Halverson et al. (2007) used this compilation to challenge the idea that orogenesis leads to a rise in marine 87 Sr/ 86 Sr (Raymo et al., 1988; Asmerom et al., 1991; Edmond, 1992; Kaufman et al., 1993) by pointing out that the culminations in both Rodinia and Pangea assembly correspond to nadirs in the 87 Sr/ 86 Sr curve. The isolation of supercontinent interiors from moisture sources probably plays the crucial role in reducing the continental weathering fl ux of Sr to the oceans (Donnadieu et al., 2004; Halverson et al., 2007) . The rifting of northern Rodinia brought moisture to previously dry cratons, increasing the weathering fl ux of 87 Sr/ 86 Sr and swamping any increase in the hydrothermal fl ux due to the generation of new mid-ocean ridges. The acceleration in the rate of 87 Sr/ 86 Sr increase at the base of the Cryogenian may have been caused by the glacial removal of a long-lived continental regolith that accumulated during the 1.5 b.y. gap between Proterozoic ice ages (Swanson-Hysell et al., 2010) .
The rifting of southern Rodinia and the opening of the Iapetus Ocean may have caused the Lower Cambrian dip in 87 Sr/ 86 Sr because, by then, continents were suffi ciently dispersed to receive consistent moisture and maintain chemical weathering of their interiors, while the increase in Iapetus mid-ocean-ridge length contributed a new hydrothermal 87 Sr/ 86 Sr source to the ocean. No single process can elegantly explain the time-evolution of marine 87 Sr/ 86 Sr over the past 1000 m.y.; however, the monotonic ND-T decline in 87 Sr/ 86 Sr provides a useful companion to δ 13 C CaCO 3 for interbasinal correlation, and may signal a change in hydrothermal fl ux and Mg/Ca in the ocean that had an important impact on the skeletal mineralogy of animals that evolved during the Early Cambrian.
Uranium and Vanadium
The concentration of redox-sensitive trace ele ments in seawater, and their incorporation into marine carbonates, depends critically on the oxi dation state of the ambient water column (e.g., Schröder and Grotzinger, 2007) . In particular, both V and U become enriched in sediments deposited under anoxic conditions (Jones and Manning, 1994; Piper, 1994; Piper and Isaacs, 1995) . V enrichment usually occurs at redox conditions typical of nitrate reduction, while U enrichment generally corresponds to redox conditions typical of sulfate reduction in the marine environment (Jones and Manning, 1994; Piper and Isaacs, 1995) . Although the trace-element proxy for seawater redox conditions originally was developed for the study of siliciclastic sediments, the method recently has been applied to carbonate strata (e.g., Schröder and Grotzinger, 2007; Amthor et al., 2003) .
After applying a fi lter designed to exclude diagenetically altered samples from the 87 Sr/ 86 Sr analysis and correcting for contamination by terrestrial clays using Th content (see Appendix section A10), we overlay normalized U and V records from Morocco on the δ 13 C CaCO 3 curve (Fig. 11) . The salient long-term trend is a monotonic decline in the concentrations of both elements over the duration of the Nemakit-Daldynian, Tommotian, and Atdabanian Stages. This long-term decline is particularly impressive because, if the rate of hydrothermal alteration of oceanic crust increased over the same interval, as postulated in section "Strontium," then the hydrothermal input of U and V to the ocean also should have increased, leading to larger oceanic reservoirs and generally more U and V in sediments.
Decreasing U and V suggest progressive oxidation of the sediment-water interface, consistent with the observation that both bioturbation (e.g., Crimes, 1987) and benthic biodiversity (see section "Small Shelly Fossils") increase through the same interval (in Morocco and globally ). Furthermore, the U and V signals are consistent in four stratigraphic sections (Fig. A9 , see Appendix), indicating that the oxygenation of shelfal waters occurred simultaneously across more than 300 km 2 of the Anti-Atlas margin.
The only signifi cant short-term perturbations to this trend are positive U and V anomalies during the negative δ 13 C CaCO 3 excursions between 5p-6p, 6p-7p, and III-IV. These positive U and V anomalies are similar to those found in carbonates and shales associated with the E-C boundary negative δ 13 C CaCO 3 excursion in Iran, Oman, and China (Kimura and Watanabe, 2001; Amthor et al., 2003; Schröder and Grotzinger, 2007; Wille et al., 2008) . This association suggests that these negative δ 13 C CaCO 3 anomalies may not be entirely controlled by global reductions in f org or ε, but may have been driven partly by isotopic gradients caused by local upwelling of basinal waters that provided isotopically light carbon and enough reducing power to drive increases in U and V. This hypothesis must be tested with trace-element time series that span the Lower Cambrian from other continents.
DISCUSSION
In this paper, we map lowest Cambrian records of δ 13 C CaCO 3 variability from Siberia, Mongolia, and China onto the Moroccan U/ Pb-δ 13 C CaCO 3 age model constrained by fi ve single-zircon U/Pb ages from interbedded volcanic ashes (Fig. 5 ). We also present new δ 13 C org , 87 Sr/ 86 Sr, uranium, and vanadium data from the same carbonate samples that defi ne the Moroccan U/Pb-δ 13 C CaCO 3 age model. The result is a new absolute time line of fi rst appearances of skeletal animals (Figs. A2-A4 [see Appendix]) that avoids the circularity associated with using biostratigraphic correlations and that is presented in the context of coincident changes in the cycling of carbon and trace elements in the ocean. Better than ever before, we are now capa ble of determining the absolute timing of biological and environmental change in the earliest Cambrian.
The time line of small shelly fossil fi rst appearances indicates the following (Figs. 6 and 7) .
(1) All aragonitic taxa appeared in the Nemakit-Daldynian, before the fi rst appearances Pangea
Low-latitude continent(s)
At least some high-latitude continents Derry et al. (1994) , Montañez et al. (1996) of calcitic taxa, confi rming earlier studies (Porter , 2007; Zhuravlev and Wood, 2008) , and suggesting that the Mg/Ca ratio of seawater determines skeletal mineralogy at the time that carbonate skeletons fi rst evolve in a clade. Phosphatic taxa appear through the Nemakit-Daldynian as well, although their fi rst appearances are not restricted to this time interval (unlike those of aragonitic taxa).
(2) The major groups of small shelly fossils appear early; fi ve appear by 540-538 Ma, and all but one appear by 534-532 Ma.
(3) By the middle of the Nemakit-Daldynian (534-532 Ma), nearly half of the total number of small shelly fossil genera recorded in our data set had appeared, and by the end of the Nemakit-Daldynian, nearly three-quarters had appeared, suggesting that diversifi cation of these animals occurred throughout the Nemakit-Daldynian, rather than being concentrated at the end of that time. The dominant contributors to the pattern of fi rst appearances are the molluscs and hyoliths, and to a lesser extent cap-shaped fossils and coeloscleritophorans, all of which may be closely related.
(4) Three pulses in fossil fi rst appearances, the smallest in the early Nemakit-Daldynian , ca. 540-538 Ma (pulse eND ), the largest in the middle Nemakit-Daldynian, ca. 534-530 Ma (pulse mND ), and the third in the Tommotian, ca. 524-522 Ma (pulse T ), may refl ect peaks in small shelly fossil diversifi cation, but could also refl ect the infl uence of local (pulse eND ) or global (pulse mND , pulse T ) preservational biases.
Although we do not understand the causes of these pulses or of the large-scale changes in the Early Cambrian carbon cycle, it may be signifi cant that just subsequent to the largest pulse (pulse mND ), the first of the two large reorganizations of the carbon cycle during the Early Cambrian occurred. At ca. 533 Ma, δ 13 C CaCO 3 begins to rise and eventually reaches ≥+4‰ for the fi rst time. From 533 to 525 Ma, the δ 13 C CaCO 3 oscillations are twice as large and ~4 times less frequent than in the previous 9 m.y. Furthermore, by 532 Ma, δ 13 C org behavior has changed from being uncorrelated with δ 13 C CaCO 3 (variability in the carbon isotopic composition of organic matter associated with differences in biology, preservation, or contamination by ancient organic carbon weathered from the continents) to being correlated with δ 13 C CaCO 3 (δ 13 C changes dominated by changes in global f org ). Similarly, the third pulse (pulse T ) occurs after the 8‰ negative δ 13 C CaCO 3 shift that accompanies the Nemakit-Daldynian-Tommotian boundary. This negative δ 13 C CaCO 3 shift lasted just 506 ± 126 k.y. (Maloof et al., 2010a) and corresponds to the switch from f org -dominated carbon cycle volatility back to much smaller-amplitude δ 13 C CaCO 3 oscillations and δ 13 C org variability affected by local changes in biology, preservation, or contamination.
Superimposed on this 1-10 m.y. time scale variability in skeletal animal fi rst appearances and the carbon cycle, there is a 20 m.y. monotonic decline in uranium, vanadium, and 87 Sr/ 86 Sr. The uranium and vanadium records suggest longterm oxidation of the sediment-water interface in shallow continental shelf environments, and are consistent with the Lower Cambrian record of increasing depth and thorough ness of bioturbation. The 87 Sr/ 86 Sr record is consistent with a relative increase in the hydrothermal fl ux of Sr to the ocean that would have led to a gradual decrease in the Mg/Ca ratio of seawater (Fig. 9 ). This change in Mg/Ca ratio predicts a switch from aragonite to calcite seas at ca. 525 Ma, which is refl ected in a change from aragonite to calcite in the mineralogies of animals that evolve carbonate biomineralization associated with the youngest pulse of fi rst appearances near the Nemakit-Daldynian-Tommotian boundary (Porter, 2007) .
The increase in the rate of hydrothermal alteration of basalt also is consistent with an increase in mid-ocean-ridge length associated with the initial opening of the Iapetus Ocean (Fig. 3) and a rise in global sea level. The diachronous fl ooding of at least part of all the continents during the Early Cambrian could be associated with this predicted rise in global sea level, although 
Large and small squares depict samples that pass and fail, respectively, the combined [Sr] and Mn/Sr test for diagenetic alteration (see Appendix section A10). Regardless of whether we include all data or only the fi ltered data, linear regressions (yellow lines) depict a statistically signifi cant decline in U and V with time:
all U data R 2 = 0.25, p = 1.11 × 10 -12 ; filtered U data R 2 = 0.19, p = 2.71 × 10 -7 ; all V data R 2 = 0.30, p = 6.54 × 10 -15 ; filtered V data R 2 = 0.25, p = 9.22 × 10 -10 .
dynamic topography associated with mantle convection must have had an equally large impact on the regional sea level observed in the stratigraphy of continental margins. Regardless of the origin of the observed fl ooding of continental margins (Matthews and Cowie, 1979; McKie, 1993; Haq and Schutter, 2008) , recent work by Peters (2005) supports the long-standing hypothesis (Newell, 1952 (Newell, , 1962 Valentine and Moores, 1970; Schopf, 1974; Simberloff, 1974; Hallam and Wignall, 1999 ) that the total global area of fl ooded continental shelves, and thus the total area of shallow marine habitat, controls the rate of taxonomic origination and extinction. A wide variety of different causes for the Cambrian "explosion" have been presented over the years (reviewed by Marshall, 2006) , including environmental triggers, increased genetic complexity, and feedbacks relating to increasing ecological complexity. The environmental parameter most commonly invoked as a trigger for animal radiation is atmospheric pO 2 , which could have reached a threshold level in the earliest Cambrian that allowed for larger organisms with complex physiologies and abilities to create collagen-containing tissues (Towe, 1970) . There is no independent evidence for a rise in atmospheric oxygen at the Ediacaran-Cambrian boundary, however. An explanation for the processes responsible for the radiation of animals, and of whether the radia tion was a consequence or a cause of associated geochemical changes, requires a thorough understanding of the pattern of that radiation, to which this paper contributes.
CONCLUSIONS
In his chapter on the imperfection of the geological record, Darwin alludes in passing to a different explanation for the supposed sudden appearance of animals in the lowest fossiliferous strata. He writes "[w]e should not forget that only a small portion of the world is known with accuracy" (Darwin, 1859, p. 307) . It is this explanation-the incompleteness of our knowledge-that has turned out to be closer to the truth. The problem of missing fossil ancestors was solved by the discovery of the Precambrian fossil record, the problem that nearly all the animal phyla appear in the Lower Cambrian with no evidence of intermediate taxa was solved by the recognition that most Lower Cambrian fossils represent stem-groups of living phyla, and the problem of the explosive diversifi cation of animals at the start of the Tommotian was solved by improved correlation and radiometric dating of Lower Cambrian sequences-to which we contribute here-showing that this diversifi cation was drawn out over more than 20 m.y.
APPENDIX
A1. δ 13 C CaCO 3 Methods
No previously unpublished δ 13 C CaCO 3 data are reported in this paper. For Morocco (Maloof et al., , 2010a , clean dolostones and limestones with minimal siliciclastic components and secondary veining or cleavage were targeted. Samples were slabbed and polished perpendicular to bedding and ~5 mg of powder were microdrilled from individual laminations for isotopic analysis. Aliquots of approximately 1 mg of powder were heated to 200°C to remove vola tile contaminants and water. Samples were then placed in individual borosilicate reaction vessels and reacted at 76°C with three drops of H 3 PO 4 in a Finnigan MAT Kiel I preparation device coupled directly to the inlet of a Finnigan MAT 251 triple collector-isotope ratio-mass spectrometer, and δ 13 C and δ 18 O data were acquired simultaneously. δ 13 C and δ 18 O are reported in the standard delta notation as the ‰ difference from the Vienna Peedee belemnite (VPDB) standard. Precision and accuracy of data were monitored through daily analysis of at least six standards, which were run to racket sample suites at the beginning, middle, and end of the day's runs. Measured precision was maintained at better than 0.1‰ (1σ) for both δ 13 C and δ 18 O.
A2.1. δ 13 C org Methods
Organic carbon isotopic values for Morocco were obtained from the total organic carbon (TOC) of insoluble residues. After removing the outside layer of surface oxidation and large veins, whole-rock samples were crushed into powder. Insoluble residues for organic carbon isotope analysis were obtained by acidifying these whole-rock powders in 6 N HCl for 24 h to dissolve all carbonate minerals. Care was taken to ensure that acid was added and acidifi cation continued until there was absolutely no visible carbonate dissolution, so that the analyses would not be affected by contamination from residual inorganic carbon. The insoluble residues were then rinsed with deionized (DI) water, dried, and loaded into tin capsules for isotopic analysis. At the Massachusetts Institute of Technology (MIT) and Washington University, samples were fl ash combusted at 1030°C in a Costech ECS 4010 Elemental Analyzer. The resulting CO 2 gas was analyzed by continuous fl ow on a Delta V Plus continuous fl ow-isotope ratio-mass spectrometer. The δ 13 C org values were calibrated against the NBS 22 standard using the accepted value of δ 13 C org = -30.03‰. Reproducibility (typically better than 0.5‰) was verifi ed by duplicate sample analyses and regularly interspersed international standards (IAEA-CH-6, -10.45‰). The δ 13 C org values are reported in standard delta notation relative to VPDB. Organic C concentrations were measured using standards with known carbon concentration and the intensity of mass 44. TOC values for the bulk samples were calculated by combining the carbon concentration data with measurements of the ratio of insoluble residue to original predecarbonated powder. The values of δ 13 C CaCO 3 , δ 13 C org , ε, and TOC are plotted together in Figure A1 .
A2.2. Carbon Cycle Systematics
If f org (f org = C org /C total is the fraction of carbon buried that is organic) is constant, the δ 13 C CaCO 3 versus ε (ε is the difference between DIC and organic carbon, often dominated by the kinetic isotope effect associated with the uptake of carbon by photoautotrophs) plot (Fig. A1C) should have a slope equal to f org and a y-intercept equal to δ 13 C in : 0.2-0.3 and -6‰, respectively, for the Cenozoic (Rothman et al., 2003) . However, Figure A1C has a slope of unity and an intercept of -22.6‰, typical of Cryogenian and Ediacaran carbonates, where δ 13 C CaCO 3 varies but δ 13 C org does not (Rothman et al., 2003) . Because the δ 13 C org signal is damped by a factor of 1.5-2 with respect to δ 13 C CaCO 3 , and because data in the cross plot span a variety of events and >20 m.y., the δ 13 C CaCO 3 -ε cross plot is misleading and demonstrates that blind use of cross plots without stratigraphic context and event-by-event analysis can be dangerous. The damping of the δ 13 C org signal may refl ect the possibility that some part of the δ 13 C CaCO 3 signal recorded in restricted platformal carbonates does not represent open-ocean DIC (Appendix section A9), or that some part of the δ 13 C org signal refl ects ancient organic matter (be it DOC or recycled sedimentary carbon).
A3. 87 Sr/ 86 Sr Methods
Available 87 Sr/ 86 Sr data for Siberia, Mongolia, and China were gleaned from the literature with little possibility for quality control. All 87 Sr/ 86 Sr data from Morocco were acquired at the MIT Radiogenic Isotope Laboratory. The 5-10 mg aliquots of carbonate from the same powders prepared for δ 13 C org were fi rst reacted sequentially in an ultrasonic bath 3-5 times for 15-45 min in 1.0 mL of 0.2 M ammonium acetate to exchange loosely bound Sr cations, which included radiogenic 87 Sr derived from 87 Rb decay (Gao et al., 1996; Montañez et al., 1996; Bailey et al., 2000) . Three 15-30 min sequential ultrasonic washes in water removed residual ammonium and some of the suspended clay fraction. The remaining carbonate was reacted for 5 min with 1.0 mL 1.4 M acetic acid, and insoluble residue was removed by centrifugation. Sr was isolated via standard chromatographic techniques using EIChroM SR-spec resin and eluted with ultrapure H 2 O. Samples were analyzed by thermal ionization mass spectrometry (TIMS) on a Micromass IsoProbe T in dynamic mode. All data were corrected for internal mass bias using 86 Sr/ 88 Sr = 0.1194. Analyses were referenced against NBS SRM 987 (0.710250), with a long-term average of 0.710240 and 2σ external precision of 0.000014 (N > 100).
A4. Elemental Concentration Methods
Elemental concentrations (e.g., Ca, Mg, Fe, Mn, Rb, Sr, Th, U, V) for Morocco samples were determined by inductively coupled plasma-mass spectrometry (ICP-MS). All samples were prepared by digesting a 0.5 g aliquot from the same carbonate powder used for δ 13 C org and 87 Sr/ 86 Sr in aqua regia at 90°C in a microprocessor-controlled digestion block for 2 h. This digestion was not total and would not dissolve silicates or oxides. The solution was diluted and analyzed by ICP-MS using a Perkin Elmer SCIEX ELAN 6100 at ActLabs. One blank was run for every 68 samples, along with digested certifi ed reference materials USGS GXR-1, GXR-2, GXR-4, and GXR-6. An in-house control was run every 33 samples. Internal control standards and a duplicate were analyzed after every 10 samples. External error (1σ), determined by repeat analyses, was 7% for all elements, with the best precision achieved for Ca, Mg, and Sr.
A5. U/Pb Geochronology Methods
No new geochronological data are reported in this paper. However, all of the ages from Morocco, Siberia, China, and Oman used to construct our age model were obtained at the MIT geochronology labora tory over the past two decades. During that time, techniques have evolved. Perhaps the most important change in technique is the routine application of Mattinson's (2005) chemical abrasion technique.
In the chemical abrasion method, high-temperature annealing repairs radiation damage in zircon and prevents preferential leaching of Pb relative to U during multistep digestions. Annealed zircons were dissolved in two steps with the initial HF digestion step preferentially dissolving the most damaged zircon, which is most likely to be affected by postcrystallization Pb loss, isolating the highest quality low-U zircon for fi nal analysis. Prior to routine use of chemical abrasion, many analyses were affected by Pb loss, despite mechanical abrasion. In these situations, the 207 Pb/ 206 Pb date is older than the 207 Pb/ 235 U date, which is in turn older than the 206 Pb/ 238 U date. In many of these cases, the most precise estimate for the age of an ash bed was derived by taking the weighted mean 207 Pb/ 206 Pb date of the most concordant analyses, with the 206 Pb/ 238 U date often being much younger. In samples treated by chemical abrasion, it is common to calculate weighted mean 206 Pb/ 238 U, 207 Pb/ 235 U, and 207 Pb/ 206 Pb dates for each sample based on coherent clusters of data for which all scatter can be explained by analytical uncertainty alone. Most high-precision zircon data exhibit a slight but systematic discordance (with 206 Pb/ 238 U < 207 Pb/ 235 U < 207 Pb/ 206 Pb dates) likely related to inaccuracy in one or both of the U decay constants (Mattinson, 2000 (Mattinson, , 2010 Schoene et al., 2006) . Thus, it has become accepted to use the weighted mean 206 Pb/ 238 U date as the most precise and accurate representation of the eruption/depositional age, and we follow this practice here. Mattinson (2010) also proposed that a new decay constant should be calculated for 235 U, assuming that the decay constant for 238 U is accurate, such that the two U-Pb dates will be concordant. In the soon-to-be-published version of the geological time scale (GTS2010), an attempt has been made to propagate decay constant uncertainties and to correct the 235 U decay constant for legacy data (M. Schmitz, 2010, oral communication). In general, the net effects are to decrease the published 207 Pb/ 206 Pb dates and to signifi cantly increase the age uncertainties. However, if the analyses are rendered concordant after the correction, one can use the higher-precision weighted mean 206 Pb/ 238 U date. Thus, for legacy data, Pb-Pb and U-Pb dates should not be used interchangeably when calculating durations or rates. A good example is sample 94-N-11 (Grotzinger et al., 1995) , for which ten multigrain fractions resulted in a 207 Pb/ 206 Pb date of 543.3 ± 1.0 Ma, and a weighted mean 206 Pb/ 238 U date of 540.61 ± 0.88 Ma. Recalculating the data with a new decay constant yielded a weighted mean. The preferred weighted mean 206 Pb/ 238 U age is much closer to the estimate for the E-C boundary in Oman based in CATIMS 206 Pb/ 238 U data. Where relevant, we report both the originally published and recalculated ages.
A6. U/Pb-δ 13 C CaCO 3 Age Model
The δ 13 C CaCO 3 record from Morocco is directly constrained by four weighted mean 206 Pb/ 238 U zircon dates from ash beds within the carbonate stratigraphy: 525.343 ± 0.088 Ma (Maloof et al., , 2010a , 524.837 ± 0.092 Ma (Maloof et al., 2010a) , 523.17 ± 0.16 Ma (Maloof et al., 2010a) , 520.93 ± 0.14 Ma (Landing et al., 1998; Compston et al., 1992; Maloof et al., 2010a) , and one weighted mean 207 Pb/ 206 Pb zircon date of 517 ± 1.5 Ma (Landing et al., 1998) . When the ca. 517 Ma 207 Pb/ 206 Pb age is recalculated using new decay constants (see Appendix section A5), fi ve single grains have a weighted mean 206 Pb/ 238 U date of 515.56 ± 1.03 Ma. The oldest four of these dates are labeled with gray bars along the bottom of Figure 5 . Two other indirect radiometric ages are used as tie points for the Morocco δ 13 C CaCO 3 record. The onset (1p; Fig. 5 ) of the Ediacaran-Cambrian boundary negative δ 13 C CaCO 3 excursion is pinned to a weighted mean 206 Pb/ 238 U zircon date of 542.3 ± 0.2 Ma from Oman (yellow bar in Fig. 5; Bowring et al., 2007) . The beginning of the fi rst ≥+4‰ positive δ 13 C CaCO 3 excursion (5p; Fig. 5 ) is pinned to a weighted mean 206 Pb/ 238 U zircon date from Bed 5 Meishucun of ca. 533 Ma (Brooks et al., 2006; Jenkins et al., 2002; red bar in Fig. 5 ). Between each of these radiometric tie points, sediment accumulation rates are assumed to be constant. We pay particular attention to each predicted change in sediment accumulation rate to determine whether these changes are consistent with visible sedimentary or stratigraphic evidence. For example, in Morocco, the transition between the Adoudounian and Lie de Vin Formations heralds an increase in silici clastic input to the basin, and a simultaneous increase in relative sea level and sedimentation rate within the Tiout-Aguerd Trough (Maloof et al., , 2010a .
Next, individual δ 13 C CaCO 3 records from Siberia , Mongolia, and China are stretched to best fi t the Moroccan U/Pb-δ 13 C CaCO 3 age model. The least ambiguous correlation is for Sukharikha (Kouchinsky et al., 2007) , where the δ 13 C CaCO 3 curve matches Morocco peak for peak in remarkable detail (Fig. 5) . Several workers have already generated a suite of consistent correlations between δ 13 C CaCO 3 stratigraphies within Siberia (Magaritz et al., 1986 Kirschvink et al., 1991; Brasier et al., 1993 Brasier et al., , 1994c Knoll et al., 1995b; Kaufman et al., 1996; Brasier and Sukhov, 1998; Kouchinsky et al., 2001 Kouchinsky et al., , 2005 Kouchinsky et al., , 2007 . We tune all of these individual records to Morocco , taking note of each change in sedimentation rate required to fi t the age model. For example, the base of the Tommotian Stage is defi ned by an unconformity at the type sections at Dvortsy and Ulakhan Sulugur, leading to a controversy over the duration of this sedimentary hiatus (e.g., Knoll et al., 1995b; Kaufman et al., 1996; Karlova, 2002, 2005) . The U/Pb-δ 13 C CaCO 3 age model supports the hypothesis that a substantial unconformity breaks the stratotype section of the Tommotian, while a wellstructured δ 13 C CaCO 3 curve exists elsewhere in Siberia during this time interval.
The Mongolian carbonates are mixed with siliciclastics for which there are no δ 13 C CaCO 3 records. However, despite these gaps, a strong correlation can be made to virtually every positive δ 13 C CaCO 3 excursion observed in Morocco and Siberia (except perhaps 3p; Fig. 5 ). In particular, the +4‰ to +5‰ δ 13 C CaCO 3 peaks E (Salaany Gol, Section 2, Unit 7; Bayan Gol, Section 3B, Unit 21; and Kvete-Tsakhir-Nuruu, Section 4, Unit 7) and F (Salaany Gol, Section 2, Unit 11/12) of Brasier et al. (1996) in the upper Bayan Gol Formation match well with the upper Nemakit-Daldynian (533-525 Ma) positive δ 13 C CaCO 3 excursions 5p and 6p, respectively (Fig. 5) . The favored age model also is consistent with the 87 Sr/ 86 Sr records from Morocco, Siberia, and Mongolia (Fig. 9) .
China is pinned to the Moroccan U/Pb-δ 13 C CaCO 3 age model by the fi rst appearance of Treptichnus pedum and the δ 13 C CaCO 3 -defi ned Ediacaran-Cambrian boundary, as well as the ca. 533 Ma date from Bed 5 at Meishucun (Brooks et al., 2006; Jenkins et al., 2002) . However, several aspects of the Chinese δ 13 C CaCO 3 record do not match Morocco, Siberia, and Mongolia.
For example, although the lower Nemakit-Daldynian (542-534 Ma) contains the right number of negative δ 13 C CaCO 3 excursions, δ 13 C CaCO 3 never reaches the +1‰ to +2‰ peaks characteristic of Morocco, Siberia, and Mongolia. Also, although there is no better place in the Lower Cambrian to place it, the nadir between 7p and II is deeper in China than in Morocco, Siberia, or Mongolia (Fig. 5) . The Shiyantou and Yu'anshan formations that contain this nadir are dominated by silt and sand, and perhaps the δ 13 C CaCO 3 from these units is not reliable. Nevertheless, at the ±1 m.y. level, the proposed age model for China is the best fi t to the δ 13 C CaCO 3 and 87 Sr/ 86 Sr records from Morocco, Siberia, and Mongolia.
All of the stretches applied to generate the age model are collected in the GSA Data Repository. 1 With the best-fi t U/Pb-δ 13 C CaCO 3 age model constructed independent of the fossil record, small shelly fossil fi rst appearances from different continents may be studied in the context of relative and absolute time ( Fig. 5 ; see next section).
A7. Small Shelly Fossil Methods
Occurrence data for small shelly fossils were obtained from the literature for sections from which carbon isotopic data are available, using the following sources: Sukharikha- Voronova and Rozanov in Rozanov et al. (1969) , Meshkova (1974) , were available from the bed in which fossils occurred, the fossil occurrences were associated with the closest overlying isotopic measurement. These procedures are conservative in that fi rst appearances are placed as late as possible. In any case, the age of most such units falls within a single time bin, and thus the choice of the sample to which to assign fossil occurrences does not infl uence the overall patterns presented here (e.g., all of Bed 3 in the Meishucun section is assigned an age of 534-533 Ma). In the sections at Dvortsy and Ulakhan Sulugur, the upper layers of the Yudoma Formation are karsted, and the fossils in these layers may be younger material in cavern fi ll (e.g., Khomentovsky and Karlova, 1993 ; but see Khomentovsky , 1997) ; as a result, all material in the upper Yudoma Formation at these localities was associated with the stratigraphically lowest isotopic measure ment from the overlying Pestrotsvet Formation.
In many cases, the taxonomy of the fossils has been revised since the publication of the references listed here. Consequently, the lists of species from the various sections were compared with the most recent and authoritative systematic literature in order to place them in the most appropriate genera and higher groups (see Data Repository [see footnote 1]). It should be noted that much of this material (notably the hyoliths) is still in need of systematic revision, so the generic assignments used here should only be regarded as tentative. The mineralogy of each higher group was assessed by reviewing the relevant literature (e.g., Bengtson and Conway Morris, 1992; Porter, 2010) .
As described in Appendix section A6, chronometric dates were assigned to each carbon isotopic measurement, allowing a date to be placed on each fossil occurrence. Fossil occurrences for each genus were then placed in 2 m.y. time bins, and these were used to construct Figures 5 and 6. In Figures A2-A4 , all Chinese sections were lumped together, as were all Mongolian sections, and all sections in the Lena-Aldan region (Dvortsy, Ulakhan Sulugur, Zhurinsky Mys, and Isit'). For Figure 6 , the number of genera that fi rst appear within each time bin was determined. To test the effects of individual sections on the pattern of fi rst occurrences, the data for a particular section were omitted and the number of fi rst occurrences recalculated. Similarly, to determine the contribution from each region (Siberia, Mongolia, or China) , the data for the other two regions were omitted and the number of fi rst occurrences recalculated.
A8. Paleogeography Methods
Traditionally, plate reconstructions are made by rotating paleomagnetic poles of similar age from different continents into collinearity. Then, one continent is moved around the mutual pole (i.e., across lines of paleolongitude) until an acceptable paleogeographic fi t is achieved. Figure 3 is an example of such a plate reconstruction for ca. 525 Ma using the paleomagnetic poles collected in Table A1 and the rotations in Table A2 . However, this paleogeography is poorly constrained and almost certainly inaccurate in detail.
First, no two poles from different continents are of the same quality or age (Table A1 ). Two Lower Cambrian poles exist for Laurentia. The Wichita Mountains granite (Oklahoma) is precisely dated with a U/Pb zircon age of 533 ± 3 Ma (Wright et al., 1996) . Although there is some suggestion of a positive baked contact test with the discordantly underlying Glen Mountains Anorthosite (Roggenthen et al., 1981) , the Wichita granite paleomagnetic pole has no rigorous positive fi eld test and is substantially differ-ent from the only other Lower Cambrian pole from Laurentia. The Mont Rigaud and Chatham-Grenville pole comes from two shallowly emplaced syenite intrusions along the failed rift arm of the Iapetus ocean (western Quebec ) (Kumarapeli and Saull, 1966) . The intrusions are dated using 40 Ar/ 39 Ar on hornblende and potassium feldspar, but neither passes a conclusive fi eld test (McCausland et al., 2007) . Paleomagnetic poles from Baltica (Torneträsk Formation; Torsvik and Rehnström, 2001) and Siberia (Kessyusa Formation and overlying Erkeket Formation, Khorbusuonka; Pisarevsky et al., 1997) come from sedimentary units with no radiometric ages, yet they are well-constrained in age in the context of the new U/Pb-δ 13 C CaCO 3 age model presented in this paper . Unfortunately, none of these poles from Baltica or Siberia has undergone a rigorous fi eld test. The 40 Ar/ 39 Ar age of 525 ± 5 Ma and the positive baked contact test make the Itabaiana mafi c dikes (northeast Brazil, Amazonia) a particularly relevant paleomagnetic pole for Early Cambrian plate reconstructions . The Ntonya igneous ring complex (Malawi-Congo craton) has an 40 Ar/ 39 Ar age of 522 ± 13 Ma, but no positive fi eld test (Briden, 1968; Briden et al., 1993) .
In the absence of paleomagnetic poles with positive fi eld tests and statistically indistinguishable ages, an alternative way to create plate reconstructions is to fi t small circle arcs representing the apparent polar wander (APW) path of paleomagnetic poles for each craton. Assuming constant long-term plate motion, specifi c ages can be interpolated along the APW paths and used as reconstruction points. Additionally, if each craton has two or more paleomagnetic poles that fall on a small circle, then the APW path for each craton should overlap, and the need for individual poles of identical age diminishes. Unfortunately, few cratons moved together during the continued continental dispersal of the Early Cambrian (e.g., Hoffman, 1991) , and even western Gondwana (shown nearly joined in Fig. 3 ) may not have been sutured yet (Tohver et al., 2006) . In the absence of combined individual pole and APW path constraints, relative paleolongitudes, and thus parameters such as the width of the Iapetus Ocean, remain unknown.
Not only are APW paths of marginal utility for the 525 Ma reconstruction, but even the high-quality Itabaiana dykes pole for Amazonia may not strictly constrain the latitude of West Africa if the continents had yet to be sutured. This point is particularly important because the fairly traditional (e.g., Hoffman, 1991; Cawood and Pisarevsky, 2006; McCausland et al., 2007 ) reconstruction in Figure 3 shows the 2-km-thick stromatolite/thrombolite/microbialiteand later archaeocyath-dominated carbonate platform of Morocco poleward of the Antarctic Circle. There are three possible solutions to this problem.
(1) Tommotian -Atdabanian climate was similar to that of the middle Cretaceous (e.g., Huber et al., 1995; Herman and Spicer, 1996; Jenkyns et al., 2004) or early Eocene (e.g., Shackleton and Boersma, 1981; Greenwood and Wing, 1995; Sloan et al., 1995; Huber and Sloan, 2001) , with generally warm temperatures and a very small equator-to-pole temperature gradient (e.g., Sloan and Pollard, 1998) . However, this solution may be inconsistent with the observation that fi rst and last appearances of archaeocyath reefs seem to be latitude-dependent, since they appear and disappear as continents such as Laurentia move through the carbonate belt (e.g., Debrenne and Courjault-Radé, 1994) . Also, even during the equable climates of the mid-Cretaceous and Eocene, framework carbonate reefs did not develop poleward of 45° latitude.
(2) The Anti-Atlas margin may be allochthonous to West Africa prior to the Early Ordovician (Mitchell et al., 2010) . However, the basement to the Anti-Atlas mountains consists of 2070 Ma metasediments (Walsh et al., 2002) intruded by 2050-2032 Ma granitoids (Walsh et al., 2002; Thomas et al., 2002; Roger et al., 2001; Hassenforder et al., 2001; Mortaj et al., 2000; Aït Malek et al., 1998) , similar in age to the Birimian crust that makes up most of the West African craton (Boher et al., 1992) . The Anti-Atlas Mountains would have to represent a ribbon continent rifted from West Africa during the Paleo-or Mesoproterozoic, and amalgamated with a Neoproterozoic arc complex prior to Late Cambrian or Early Ordovician collision with West Africa along a hidden suture beneath the Tindouf basin. Not only is this hypothesis ad hoc, but in the paleogeographic framework of Figure 3 , it is not clear where the Anti-Atlas ribbon continent could have resided such that it enjoyed low latitudes during the Early Cambrian (i.e., far from northwestern Gondwana) but joined West Africa by Early Ordovician time.
(3) The paleomagnetic data from Amazonia is younger than the 40 Ar/ 39 Ar age implies, or Gondwana was moving very rapidly during the Early Cambrian (see following).
Even during the preceding Ediacaran Period, the APW-based approach to plate reconstructions has been unsuccessful. While it is possible to choose or to reject subsets of any continent's paleomagnetic database in order to create a time-progressive APW path that does not require unrealistic rates of plate motion, it is impossible to do so entirely within the bounds of any objective quality fi lter (e.g., Kirschvink et al., 1997; Torsvik et al., 1998; Evans et al., 1998; Pisarevsky et al., 2000; Meert et al., 2001) . This problem has led a number of authors to propose that the Early Cambrian was characterized by anomalously high plate motions or true polar wander (TPW-the wholesale rotation of the mantle and crust relative to the fl uid outer core) (Kirschvink et al., 1997; Evans, 1998; Mitchell et al., 2010) . True polar wander causes paleomagnetic poles to carve out great circle arcs perpendicular to the paleo-nonhydrostatic minimum moment of inertia, rather than the small circle arcs about Euler poles predicted for plate tectonic-driven motion. Additionally, if rapid TPW is oscillatory and fast (beyond the time resolution of the paleomagnetic database), the great circle distribution of poles may look like a zigzagging smear, rather than an age-progressive path. In a world where continental motion is dominated by rapid (e.g., <10 m.y.) oscillatory TPW events, poles from different cratons of suffi ciently similar age (e.g., ±1 m.y.) to warrant linear reconstruction may not exist at all, rendering traditional plate reconstruction methods impossible. However, a paleogeography can be reconstructed by rotating the great circle fi ts to paleomagnetic poles from individual cratons into coplanarity, thus bypassing the relative age of individual poles and capturing the effect of TPW on plate motions (Maloof, 2004; Raub et al., 2007) . Maloof (2004) and Raub et al. (2007) performed this exercise using paleomagnetic poles spanning the 600-500 Ma time window and found that a plate reconstruction remarkably similar to that shown in Figure 3 could be generated, with Gondwana together and geologically consistent positions for Laurentia, Baltica, Siberia, and South China.
Unfortunately, even the TPW great circle technique does not bring us closer to defi ning the latitudinal distribution of the continents between 542 and 517 Ma. Whether we constrain the plate reconstruction using geology, individual paleomagnetic poles, APW paths, or TPW great circles, we typically arrive at a geography similar to that shown in Figure 3 . The reconstructions still lack rigorous constraints on parameters such as the width of the Iapetus Ocean and the absolute rates of plate motion and true polar wander, and the reconstruction places Morocco at a latitude that appears too high for such thick shallow-water microbial carbonate accumulation. Better-resolved paleogeographic solutions may lie in paleomagnetic studies of the same sediments that contain the stratigraphic records of δ 13 C CaCO 3 , 87 Sr/ 86 Sr, and fossils (e.g., Pisarevsky et al., 1997; Maloof et al., 2006; Mitchell et al., 2010) .
T O M M O T I A N N E M A K I T -D A L D Y N I A N E D I A C AT
A9. Are δ 13 C CaCO 3 Data Records of the Global Ocean?
We hypothesize that the δ 13 C CaCO 3 data from peritidal Lower Cambrian carbonates record a global signal linked to the open ocean. However, new δ 13 C CaCO 3 data from upper Cenozoic carbonate platforms (Swart and Eberli, 2005; Swart, 2008) have called into question the assumption that ancient shelfal carbonates necessarily record the δ 13 C of open-ocean dissolved inorganic carbon. Furthermore, two recent papers (Knauth and Kennedy, 2009; Derry, 2010) suggest that negative δ 13 C CaCO 3 with covarying δ 13 C CaCO 3 and δ 18 O CaCO 3 are necessarily diagenetic in origin.
Ocean Drilling Project Leg 166 retrieved fi ve cores from 362-658 m water depth on the leeward (western) slope of the Great Bahama Bank (Ginsburg, 2001) . These aragonitic sediment cores depict a consistent Pliocene-Pleistocene rise in δ 13 C CaCO 3 from ambient Miocene and Pliocene values of 1.5‰ to 2.5‰ to Pleistocene values of 3.0‰-4.5‰ (Swart and Eberli, 2005) . In contrast, open-ocean planktonic forami nifera (low-Mg calcite) during the same interval record mean δ 13 C values of 1‰ to 2‰ during the late Miocene (7-8 Ma) (Billups et al., 2008) , followed by fl uctuating mean values of -0.5‰ to 1.0‰ during the Pliocene (Billups et al., 2008) , Pleistocene (Shackleton et al., 1983; Curry and Crowley, 1987) , and Holocene (Wefer and Berger, 1991) , with an ~1‰ gradient between ocean basins. Therefore, the leeward slope of the Great Bahama Bank appears to be anticorrelated with planktonic foraminifera of the open ocean during the Pliocene-Pleistocene (Swart and Eberli, 2005; Swart, 2008) . Swart and Eberli (2005) showed that the Bahamas cores each recorded a positive correlation between aragonite:calcite ratio and δ 13 C CaCO 3 . They speculated that the source of the 13 C-enriched aragonite found in the slope cores is mud precipitated by the calcifying green algae (e.g., Halimeda, Penicillus, and Udotea) inhabiting the shallows (1-10 m water depth) of the Great Bahama Bank (Swart and Eberli, 2005) . Preferential uptake of 12 C by highly productive benthic sea grasses, algae, and microbial mats coupled to relatively sluggish mixing of shallow Great Bahama Bank waters with the open ocean (i.e., semi-closed-system behavior ) tend to elevate δ 13 C in any carbonate precipitated on the Great Bahama Bank (Lowenstam and Epstein, 1957; Andres et al., 2006) . Additionally, at low to moderate water temperatures, aragonite is naturally enriched in 13 C by 1‰-2‰ compared to low-Mg calcite precipitated from the same waters (Rubinson and Clayton, 1969; Emrich et al., 1970; Romanek et al., 1992) , further increasing δ 13 C in Great Bahama Bank aragonite. Thus, Swart and Eberli (2005) proposed that δ 13 C CaCO 3 preserved in Great Bahama Bank slope sediments does not record changes in the global carbon cycle, but instead refl ects the relative effi ciency of mud export from platform to slope. This aragonite mud transport effi ciency, in turn, depends on relative sea level and the geometry of the carbonate bank (e.g., open ramp or fl at-topped platform). Although the posi tive Pliocene-Pleistocene δ 13 C CaCO 3 trend is damped, Swart (2008) demonstrated a similar anticorrelation between δ 13 C CaCO 3 from open-ocean planktonic forami nif era and the slopes adjacent to platform carbonates in the Maldives and around Australia. Ironically, periplatform carbonates do not seem to be simple recorders of changes in open-ocean δ 13 C CaCO 3 , and yet they record a synchronous Pliocene-Pleistocene rise in δ 13 C CaCO 3 and suggest that a global forcing, such as sea-level change, is controlling the effi ciency of aragonite export from platforms (Swart, 2008) .
In contrast to the western slope of the Great Bahama Bank, some carbonates on the bank itself do not record the Pliocene-Pleistocene positive δ 13 C CaCO 3 shift. For example, Holocene aragonite muds from inner regions of the Great Bahama Bank (northwest Andros Island; Maloof, 2008, personal obs.) and Florida Bay (Patterson and Walter, 1994) have low δ 13 C ranging from 1‰ to 2‰, consistent with similarly depleted ΣCO 2 in adjacent water. This signal is thought to be caused by progressive enrichment of 12 C from respired organic matter in aging water masses. Patterson and Walter (1994) likened this mechanism of 12 C enrichment to the vertical evolution of open-ocean water under the infl uence of the biological pump, with increasing ΣCO 2 and oxygen utilization with age and depth of the water mass (Kroopnick, 1985) .
Even cores from the outer edge of the Great Bahama Bank itself (Clino and Unda; Ginsburg, 2001) do not record the Pliocene-Pleistocene positive δ 13 C swing that is documented on the slope. Swart and Eberli (2005) interpreted the Pleistocene δ 13 C shift in Great Bahama Bank carbonates to values between -0.3‰ and -3.0‰ as a record of meteoric diagenesis during subaerial exposure caused by repeated glacialinterglacial sea-level changes of ~100 m.
Fluids responsible for meteoric diagenesis of carbonate rocks are rich in oxygen and poor in carbon. Therefore, altered specimens that show severe oxygen-isotope depletion still may faithfully record the δ 13 C of oceanic DIC (Banner and Hanson, 1990; Jacobsen and Kaufman, 1999) . However, work on the upper Cenozoic carbonates from the Great Bahama Bank (Swart and Eberli, 2005; Swart, 2008) suggests that even δ 13 C CaCO 3 can be shifted a few per mil toward more negative values through diagenetic interactions with coastal pore fl uids charged in iso topically depleted organic carbon. Covariant δ 13 C CaCO 3 and δ 18 O CaCO 3 values have been proposed as an index for differentiating between pristine and adulterated δ 13 C values in diagenetically altered carbonates (Irwin et al., 1977; Kaufman et al., 1991) . Knauth and Kennedy (2009) even suggested that highly depleted δ 13 C CaCO 3 and covariation in δ 13 C CaCO 3 and δ 18 O CaCO 3 during the middle Ediacaran "Shuram" anomaly (Burns and Matter, 1993; Fike et al., 2006; McFadden et al., 2008) are diagenetic in origin and indicative of terrestrial "greening." However, in another attempt to explain the very deep Shuram δ 13 C CaCO 3 anomaly, Derry (2010) found that covarying δ 13 C CaCO 3 -δ 18 O CaCO 3 only resulted when two fl uids (a CO 2 -charged water depleted in 13 C from interactions with organic matter and an 18 O-enriched brine) were allowed to alter the sediments at ~100°C during burial diagenesis.
Despite the apparent decoupling of Pliocene-Pleistocene carbonate shelf and open-marine δ 13 C CaCO 3 records and the new ideas for meteoric or basinal brine diagenesis, there are several reasons to think that the carbon isotope data in the Lower Cambrian record a global DIC signal, and not just internal processes related to (1) meteoric diagenesis, (2) basin restriction, (3) riverine input, and (4) changes in aragonite mud transport effi ciency: Ar/ 39 Ar Note: South China and Mongolia have no Lower Cambrian paleomagnetic constraints. PLAT, PLON, A 95 , and Q refer to the latitude, longitude, 95% confi dence circle, and quality factor (van der Voo, 1990) for each paleomagnetic pole. (1) Spall (1968) and Vincenz et al. (1975) ; (2) Wright et al. (1996) 
Meteoric Diagenesis
In Lower Cambrian limestones and dolostones, lower δ 13 C CaCO 3 values are not necessarily associated with lower δ 18 O CaCO 3 . In fact, there is no statistically signifi cant covariation between δ 13 C CaCO 3 and δ 18 O CaCO 3 , whether carbon and oxygen are compared between continents (Fig. A5) or by mineralogy and lithofacies (and thus initial porosity and permeability) in Morocco (Fig. A6F) . For example, the ND-T transition is characterized by a 9‰ drop in δ 13 C CaCO 3 over 50-200 m (Fig. 5) . No sympathetic negative δ 18 O CaCO 3 shift is observed across the ND-T boundary. Instead, δ 18 O CaCO 3 varies chaotically between -5‰ and -8‰ throughout the entire interval, with no signifi cant correlation to δ 13 C CaCO 3 or lithofacies .
Subaerial exposure surfaces are abundant in Morocco, and yet brecciated and recrystallized dolostones immediately below exposure surfaces rarely show 13 C depletion of more than 1‰. It is impossible to assess accurately the duration of subaerial exposure on these surfaces. However, we can infer a maximum average duration of 10-30 k.y. based on the ~26 exposure surfaces recorded during the ND-T transition at Zawyat n' Bougzoul and Sidi M'Sal. We also suggest that base-level drops were minimal because, with very few exceptions, karstic relief never exceeds 10 cm. Perhaps large base-level drops (50-120 m) of long duration (30-90 k.y.) typical of the Pleistocene (Siddall et al., 2003; Bintanja et al., 2005) and a substantial terrestrial biomass are required to impart a diagenetic δ 13 C CaCO 3 signal to subaerial exposure surfaces.
Basin Restriction
In Morocco, wavy laminated carbonate muds and silts from interior lagoonal environments (Fig. 4A , 11-Zawyat n' Bougzoul and 16-Sidi M'Sal) are offset -1‰ to -3‰ from outer-shelf stromatolites and microbialites of the central Tiout-Aguerd trough (Fig. 4A, 7 -Oued Sdas) (Maloof et al., 2010a) . This isotopic offset is similar to that observed today in Florida Bay (Patterson and Walter, 1994) and may represent progressive depletion in 13 C as aging water masses on the poorly mixed interior of the shelf accumulated 12 C from respired marine organic matter. We also think that geometry, restriction, and water depth associated with coalescence and isolation of shelf areas, or changing sea level through time could lead to vertical δ 13 C CaCO 3 variability not asso ciated with changes in global ocean DIC. For example, Immen hauser et al. (2003) explained a 1‰-2‰ positive shift in δ 13 C CaCO 3 that is progressively damped landward across the late Carboniferous platform of northern Spain as the transition from shallow, old, 13 C-depleted water and frequent meteoric diagenesis to deeper water better connected to the open ocean. Holmden et al. (1998) made a similar argument for a 0‰-3‰ positive δ 13 C CaCO 3 excursion damped across the Mohawkian (Ordovician) epicontinental seaway of North America, and demonstrated that different δ 13 C CaCO 3 values are associated with unique conodont ε Nd compositions, indicating that shelfal waters were mixing slower than the ~300 yr residence time of Nd in the ocean. Although epeiric seas are bound to develop geochemically distinct and time-varying water , we have not found related mechanisms that could be responsible for the large-amplitude 4‰-9‰ variability observed in at least approximately contemporaneous Lower Cambrian δ 13 C CaCO 3 records in Morocco, Siberia, Mongolia, and China (Fig. 5) .
Riverine Input
Although the Cambrian shelf in Morocco is similar in size to the Great Bahama Bank, the Anti-Atlas margin fringed the large emergent continent of West Africa and was not permanently isolated from riverine input the way the Great Bahama Bank is today. The Lie de Vin Formation heralds a westward (modern day coordinates) progradation of fl uvial sands from the continent, which would have increased freshwater discharge into the basin. However, 75% of the ND-T δ 13 C CaCO 3 negative shift was accomplished within the Adoudounian Formation, prior to any indication of increased siliciclastic input to the system.
Aragonite vs. Calcite
A transition from aragonite seas to calcite seas did occur sometime during the Nemakit-Daldynian Stage, perhaps near the ND-T boundary (Fig. 6; Porter , 2007) , which could be linked to a 1‰-2‰ negative shift in δ 13 C CaCO 3 (4-8× smaller than the observed ND-T boundary negative δ 13 C CaCO 3 shift; Maloof et al., 2010a) . However, the idea that stratigraphic δ 13 C CaCO 3 variability is due to changes in the export effi ciency of carbon-isotopically distinct platform material to the slope is not tenable for at least two reasons. First, calcareous plankton had not yet evolved in the Early Cambrian (Lipps, 1993; Hou et al., 1996; Katz et al., 2007) , so platformal benthic skeletal debris and muds were likely the dominant source of carbonate both on the platform and on the slope. Second, in Morocco, virtually the entire 2.5 km stack of sediment preserved in the Anti-Atlas Mountains was deposited above storm wave base, and most of the material was deposited in the photic zone on the continental shelf, where slope processes are irrelevant. In fact, narrow periplatform slope environments tend to get severely deformed during orogenesis and rarely are preserved in large, structurally simple mappable units. Therefore, most Cambrian stratigraphic successions (including the Siberian, Mongolian, and Chinese sections in Fig. 5 ) record almost exclusively platformal signals.
One of the most striking arguments against an internal-process origin for anything but smallamplitude δ 13 C CaCO 3 variability in Morocco is that Lower Cambrian δ 13 C CaCO 3 from Siberia and Mo-rocco can be matched peak for peak without violating biostratigraphic or geochronological constraints . Such consistent correlation between geographically distant sedimentary basins characterized by very different lithologies and sedimentation rates suggests that global forcing played a dominant role. We conclude that high-amplitude δ 13 C CaCO 3 variability in Lower Cambrian shelfal carbonates records an open-ocean signature of a changing global carbon cycle.
A10. Diagenesis and 87 Sr/ 86 Sr, Uranium, and Vanadium
While the isotopic composition of major constituents like carbon may remain intact during neomorphism and recrystallization, trace elements such as strontium may be ejected from the carbonate lattice and replaced with better-fi tting magnesium, calcium, or manganese. Dolomite (CaMg[CO 3 ] 2 ) is a major constituent of Lower Cambrian carbonate rocks, but it is rare in Holocene sediments (Given and Wilkinson, 1987; Sun, 1994) . The origin of ancient dolostones (Zenger et al., 1980; Purser et al., 1994) has been interpreted as replacement of CaCO 3 at elevated burial temperatures (e.g., Mountjoy and Amthor, 1994) , replacement of CaCO 3 below the sedimentwater interface in suboxic environments where sulfate (a possible kinetic inhibitor to dolomite formation) is removed and alkalinity is added by bacterial sulfate reduction (e.g., Baker and Burns, 1985; Vasconcelos and McKenzie, 1997; Warthmann et al., 2000) , or as primary dolomite precipitated under changing global ocean conditions (e.g., Arvidson and Mackenzie, 1999; Burns et al., 2000) . Limestones likely began as aragonite or high-Mg calcite that later neomorphosed to more stable calcite spar.
It is common to exclude altered samples based on cutoff values of isotopic and elemental characteristics identifi ed in general studies of Neoproterozoic carbonates (Derry et al., 1989; Kaufman et al., 1993;  Fölling and Frimmel, 2002) . We prefer to establish the geochemical criteria for excluding altered samples on a case-by-case basis because there is no reason to assume that rocks with different geological histories should have experienced the same alteration pathways (Bartley et al., 2001; Halverson et al., 2007) . We fi nd that Sr concentration (Figs. A7 and A8) is the most useful single parameter for assessing the potential preservation of primary seawater 87 Sr/ 86 Sr (Halverson et al., 2007) . Mn/Sr (Fig. A7F ) also is a sensitive indicator of meteoric diagenesis (Brand and Veizer, 1980; Banner and Hanson, 1990; Jacobsen and Kaufman, 1999) , although high [Mn] may indicate primary carbonate precipitation from dysoxic waters. Another potential metric for diagenetic alteration is δ 18 O CaCO 3 . However, in Morocco, Siberia, Mongolia, and China, there is no consistent covariation between δ 18 O CaCO 3 and 87 Sr/ 86 Sr (Fig. A7D) .
We are justifi ed in basing our selection criterion on [Sr] since most alteration pathways decrease [Sr] (but see Derry, 2010) , thus increasing the susceptibility of a given 87 Sr/ 86 Sr signature to overprinting (Brand and Veizer, 1980; Veizer, 1989; Banner and Hanson, 1990) . The result of diagenetic overprinting is a sharp increase in 87 Sr/ 86 Sr below a threshold [Sr] (Fig. A8) , as predicted by water-rock geochemical models (e.g., Banner and Hanson, 1990; Jacobsen and Kaufman, 1999) . Because the initial [Sr] of carbonates differs signifi cantly as a function of original mineralogy (calcite vs. aragonite) and varying seawater [Sr] (e.g., Stoll et al., 1999) , and due to variable [Sr] concentrations in diagenetic fl uids, this [Sr] threshold is different for every rock. We establish the cutoff [Sr] based on a cross plot of 87 Sr/ 86 Sr versus [Sr] for each Lower Cambrian section (i.e., Morocco, Siberia, Mongolia, and China; Fig. A8 ). A similar Mn/Sr versus 87 Sr/ 86 Sr cross plot (Fig. A7F ) results in a nearly identical fi lter.
Redox-sensitive trace elements such as uranium and vanadium are sensitive to the same diagenetic processes that reduce [Sr] and increase Mn/Sr in carbonates, and we may apply the same fi lter that we derived for 87 Sr/ 86 Sr to exclude altered U and V data. However, the ammonium acetate leaching method (see Appendix section A3), which effectively removes radiogenically ingrown (non-carbonate-lattice-bound) 87 Sr from the decay of rubidium-rich clays, was not applied to solutions used for U and V analyses. Therefore, there is the potential that some of the U and V measured in carbonate powders is detrital in origin, preserved in clays mixed into the rocks rather than U and V complexes in the carbonate lattice itself. To correct for terrestrial contamination, we use Th, which is virtually absent in normal seawater, as a proxy for terrestrial contamination, and subtract U and V using the U/Th and V/Th ratios of post-Archean average shale (PAAS) compositions (Taylor and McLennan, 1985) . The data set was normalized to aid in visualization.
A11. Numerical Model of Mg, Ca, and Sr in Seawater
The geochemical cycles of magnesium, calcium, and strontium in seawater refl ect the balance between sources and sinks: 
where W X-carb and W X-sil are the fl uxes of magnesium, calcium, and strontium due to subaerial weathering of carbonate and silicate rocks (Meybeck, 2003) , H Mg-clays is the loss of magnesium in seawater due to the precipitation of clay minerals, and H Ca-basalt and Hn Sr-basalt are the sources of calcium and strontium asso ciated with the weathering of ocean crust during hydrothermal circulation on mid-ocean-ridge crests and fl anks (Edmond et al., 1979; Mottl and Wheat, 1994) . P X-carb is the magnesium, calcium, or strontium sink associated with the formation of carbonate minerals (aragonite, calcite, dolomite), and n refers to each isotope of Sr: 86 Sr, 87 Sr, and 88 Sr. The 87 Sr/ 86 Sr ratio of seawater is calculated by dividing the two appropriate equations. Equations A1-A3 are solved numerically in Matlab given estimates of global magnesium/ calcium/strontium fl uxes and the strontium isotopic composition of the various sources (silicates, carbonates, hydrothermal). Initial conditions for these fl uxes and other model variables are given in Tables 1 and  A3 . The model is initially run to a steady state over ~100 m.y., which presumably refl ects seawater composition in the Ediacaran. Following spin-up, fl uxes or isotopic composition of the fl uxes are varied over the 22 m.y. window (543-521 Ma) to fi t the observed Mg/Ca and Sr isotope data. The quality of the fi t is established by visual inspection.
A12. Final Table
Please see the spreadsheet entitled "2010293.xls" in the GSA Data Repository materials (see footnote 1). The spreadsheet presents all of the data on fossil occurrences, δ 13 C CaCO 3 , δ 18 O CaCO 3 , δ 13 C org , 87 Sr/ 86 Sr, uranium, and vanadium for each of the sections used in this paper. It also includes composite δ 13 C CaCO 3 (and δ 18 C org and 87 Sr/ 86 Sr where available), δ 18 O CaCO 3 , and biostratigraphic data, as well as a table of current generic assignments for all of the small shelly fossil taxa found in our literature sources. Sr-carb 0.7070 (2) P Mg-carb 1.8 × 10 12 mol/yr (7) H87/86 Sr-basalt 0.7030 (2) P Sr-carb (Sr/Ca) seawater · · K Sr · · P Ca-carb K Sr 0.2 (8) Note: (1) adapted from Meybeck (2003) ; (2) adapted from Allègre et al. (2010) ; (3) fl ux of H 2 O in hydrothermal systems assuming 100% of the heat fl ux at 350 °C (Elderfi eld and Schultz, 1996) ; (4) assumes 1:1 stoichiometry between Mg uptake and Ca release during basalt alteration; (5) calculated assuming 200 ppm Sr and 10 wt% CaO; (6) calculated assuming carbonate minerals are the only alkalinity sink; (7) estimated from the long-term rate of dolomitization (Wilkinson and Algeo, 1989) ; (8) homogeneous distribution coeffi cient for Sr in calcite (Mucci and Morse, 1983) .
